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Abstract
The timing and duration of surface uplift associated with large igneous provinces provide important constraints on mantle
convection processes. Here we review geological indicators of surface uplift associated with five continent-based magmatic
provinces: Emeishan Traps (260 million years ago: Ma), Siberian Traps (251 Ma), Deccan Traps (65 Ma), North Atlantic (Phase 1,
61 Ma and Phase 2, 55 Ma), and Yellowstone (16 Ma to recent). All five magmatic provinces were associated with surface uplift.
Surface uplift can be measured directly from sedimentary indicators of sea-level in the North Atlantic and from geomorpholocial
indicators of relative uplift and tilting in Yellowstone. In the other provinces, surface uplift is inferred from the record of erosion. In
the Deccan, North Atlantic and Emeishan provinces, transient uplift that results from variations in thermal structure of the
lithosphere and underlying mantle can be distinguished from permanent uplift that results from the extraction and emplacement of
magma. Transient surface uplift is more useful in constraining mantle convection since models of melt generation and emplacement
are not required for its interpretation. Observations of the spatial and temporal relationships between surface uplift, rifting and
magmatism are also important in constraining models of LIP formation. Onset of surface uplift preceded magmatism in all five of
the provinces. Biostratigraphic constraints on timing of uplift and erosion are best for the North Atlantic and Emeishan Provinces,
where the time interval between significant uplift and first magmatism is less than 1 million years and 2.5 million years
respectively. Rifting post-dates the earliest magmatism in the case of the North Atlantic Phase 1 and possibly in the case of Siberia.
The relative age of onset of offshore rifting is not well constrained for the Deccan and the importance of rifting in controlling
magmatism is disputed in the Emeishan and Yellowstone Provinces. In these examples, rifting is not a requirement for onset of LIP
magmatism but melting rates are significantly increased when rifting occurs.
Models that attempt to explain emplacement of these five LIPs without hot mantle supplied by mantle plumes often have
difficulties in explaining the observations of surface uplift, rifting and magmatism. For example, small-scale convection related to
craton or rift boundaries (edge-driven convection) cannot easily explain widespread (1000 km scale) transient surface uplift
(Emeishan, Deccan, North Atlantic), and upper mantle convection initiated by differential incubation beneath cratons (the hotcell
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model) is at odds with rapid onset of surface uplift (Emeishan, North Atlantic). The start-up plume concept is still the most
parsimonious way of explaining the observations presented here. However, observations of surface uplift cannot directly constrain
the depth of origin of the hot mantle in a plume head. The short time interval between onset of transient surface uplift and
magmatism in the North Atlantic and Emeishan means that the associated starting plume heads were probably not large (∼ 1000 km
diameter) roughly spherical diapirs and are likely to have formed narrow (∼100 km radius) upwelling jets, with hot mantle then
spreading rapidly outward within the asthenosphere. In cases where rifting post-dates magmatism (N Atlantic Phase 1) or where the
degree of lithospheric extension may not have been great (Siberia), a secondary mechanism of lithospheric thinning, such as
gravitational instability or delamination of the lower lithosphere, may be required to allow hot mantle to decompress sufficiently to
explain the observed volume of magma with a shallow melting geochemical signature. Any such additional thinning mechanisms
are probably a direct consequence of plume head emplacement.
© 2007 Elsevier B.V. All rights reserved.
Keywords: Mantle plume; Large igneous province; Lithosphere; Delamination; Deccan Traps; Siberian Traps; Emeishan Traps; North Atlantic
Igneous Province; Yellowstone Province

1. Introduction
The emplacement of a large igneous province (LIP)
on a continent or along a rifting continental margin is an
event of major regional and sometimes global significance. In order to understand the mantle processes
responsible for the genesis of LIPs, it is important to
interpret the igneous record jointly with other observations. The inter-relationships between sedimentation or
erosion, tectonics and magmatism are in most cases the
only evidence available for constraining the genesis of
ancient LIPs, besides the volume, age and composition
of the igneous rocks themselves. Here, we are
particularly concerned with evidence for changes in
surface elevation related to LIP emplacement. Some
changes in surface elevation result from addition of
igneous rock to the crust. Other changes in elevation
reflect changes in the convective structure of the upper
mantle and the thermal structure of the plate and
asthenosphere. If these latter vertical motions can be
recognised and quantified, they can be used to constrain
models for LIP genesis. A wide variety of geological
observations could be useful in this regard, since
changes in surface elevation lead to erosion and affect
drainage and sedimentation patterns.
The idea that mantle plumes are responsible for
topographic swells up to 2 km in elevation and many
hundreds to a few thousand kilometres in diameter is
well documented (Morgan, 1971; Burke and Wilson,
1972; Watts, 1976; Crough, 1978; Courtney and White,
1986; McNutt and Judge, 1990; Griffiths and Campbell,
1991; Farnetani and Richards, 1994; Şengör, 2001;
Camp and Ross, 2004; Jones and White, 2003). Indeed,
Şengör (2001) has suggested that the most unequivocal
manifestation of a mantle plume is domal uplift of the
Earth's surface. The argument that some modern hotspot

swells are predominantly supported by mantle convection derives from the relationship between swell
topography and gravity. Since the elastic thickness of
oceanic and continental lithosphere does not exceed
50 km (McKenzie and Fairhead, 1997; Watts, 2001;
McKenzie, 2003), swells over 700 km in diameter
cannot be supported by lithospheric flexure (Turcotte
and Schubert, 2002). When regional swell topography is
directly proportional to the regional free-air gravity
anomaly, the swell cannot be isostatically compensated
within the plate, for example by long-wavelength crustal
thickness variations, and must be supported by the
mantle beneath the plate (Anderson et al., 1973). Since
the asthenosphere is the weakest part of the mantle, the
low density material supporting the swell must be
continually replenished by convection or the swell
would quickly deflate (Vogt, 1983). Examples of
modern hotspots associated with wide topographic
swells and corresponding gravity anomalies are Iceland
and Hawaii.
Although gravity data are not available for ancient
LIPs, the influence of mantle convection can be still
inferred if transient vertical surface motions over large
spatial scales and on time scales similar to LIP
emplacement (b 10 million years: m.y.) can be demonstrated. Mantle plumes are predicted to cause transient
surface uplift by several processes. The ascending
mantle plume should cause dynamic uplift of the
overlying lithosphere (Courtney and White, 1986;
White and McKenzie, 1989; Watson and McKenzie,
1991; Griffiths and Campbell, 1991). Another contribution to transient uplift is generated if the lithosphere is
reheated and thinned as it passes over the plume
(Detrick and Crough, 1978; Crough, 1978). Conductive
heating and cooling of the lithosphere occurs too slowly
to explain significant vertical motions over the short
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time periods of LIP emplacement. More rapid thinning
of the lithosphere might occur if the convecting mantle
can remove the base of the lithosphere by mechanical
erosion, secondary convection or gravitational instability (Spohn and Schubert, 1982; Liu and Chase, 1989,
Sleep, 1994; Şengör, 2001; Elkins-Tanton, 2005). Uplift
generated by all of these mechanisms should dissipate
after the plume has gone.
Permanent surface uplift arises when magma extruded at the surface, or injected into the crust or uppermost
mantle (‘underplating’ of the crust), causes isostatically
compensated uplift, which persists after the plume has
gone (Cox, 1989; White and McKenzie, 1989). A
related component of permanent uplift arises because
extraction of basaltic melt reduces the density of the
mantle residue or restite (White and McKenzie, 1989).
Melt extraction buoyancy produced by restite may
account for up to about half of the surface uplift in the
modern Hawaiian swell (Morgan et al., 1995). Permanent uplift is more difficult to interpret than transient
uplift because models for melting and melt transport are
also required in order to infer mantle temperature and
convective structure.
Recently, the long-accepted model of flood basalt
volcanism requiring plume head melting with associated
rifting and mantle decompression (e.g. Richards et al.,
1989; White and McKenzie, 1989; Campbell and
Griffiths, 1990; White and McKenzie, 1995; Ernst and
Buchan, 2003) has been challenged (Anderson, 1994,
2000, 2001; Sheth, 1999, 2005). If the plume head
model is correct, then the predicted transient surface
uplift and subsidence should generate an erosional or
depositional signature in terrestrial and marine sedimentary basins across and adjacent to the main uplifted
region. Two main problems complicate interpretation of
the sedimentary record in terms of transient dynamic
surface uplift. First, recognition of dynamically supported uplift and subsidence depends on being able to
separate out vertical motions generated by past or
ongoing extension or shortening of the lithosphere. In
practice, this separation can only be achieved when both
the pre-existing topography and the long-term subsidence history can also be interpreted from the geological
record. Second, surface uplift often leads to erosion.
Even when the magnitude of erosion can be measured
accurately, isostatic adjustments of surface level that
result from erosion mean that it is often difficult to
retrieve accurate estimates of the original surface uplift
unless a priori constraints on timing of uplift and
erodibility of the material are available (Molnar and
England, 1990a). In the context of the mantle plume
debate, it should also be noted that observations of

transient surface uplift do not directly constrain the
depth of origin of the upwelling mantle.
In this paper, we initially summarise the main models
that have been proposed for LIP formation and discuss
how these models might be constrained by geological
observations. We then review the evidence for the nature
and extent of uplift associated with four continental LIPs
and one continental hotspot (Emeishan Traps, Siberian
Traps, Deccan Traps, North Atlantic Igneous Province,
and Yellowstone). Each province is presented as a case
study, focussing on evidence for transient uplift and the
relationships between uplift, rifting and magmatism. We
then compare and contrast the observations from the five
provinces. Because the tectonic setting of each LIP is
unique, the effect of surface uplift, rifting and
magmatism on the geological record is also unique, so
that comparisons between provinces need to be made
with care. Bearing this potential difficulty in mind, we
discuss the implications of the observations for plume
and non-plume models of mantle convection.
2. Mechanisms of LIP formation and predicted
consequences for uplift
The defining characteristic of LIP formation is the
geologically rapid eruption (within a few million years)
of unusually large volumes of magma, mainly silicasaturated basalt or tholeiite. It is usually accepted that
rapid and voluminous melt generation requires decompressional melting. (We do not consider the alternative
case in which energy to cause rapid voluminous melting
is supplied externally by a meteorite impact, since none
of our observations from the provinces considered here
suggest this scenario). Decompression is an efficient
mechanism for generating large amounts of melt
because the adiabatic temperature gradient (about
0.6 °C/km; McKenzie and Bickle, 1988) is much
steeper than the gradient of the solidus both for
anhydrous mantle peridotite (about 4–5 °C/km at
lithospheric depths) and for more enriched mantle
compositions (Hirschmann and Stolper, 1996). Upwelling of mantle to cause decompressional melting can be
active, driven by buoyancy forces that set up a convective circulation, or passive, in response to thinning of
the lithosphere. In this section, we first discuss two
families of models for active upwelling. In one family,
convection is controlled by lateral density variations
related to heating within or at the base of the mantle
(often described as mantle plume models), whereas in
the other, convection is controlled mainly by lateral
density variations related to cooling of the plates (often
described as top-down convection models). We also
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discuss models for how the lithosphere deflects in
response to mantle convection. We then consider
mechanisms for thinning the lithosphere, which include
both rifting and removal of the base lower part of the
mantle lithosphere by gravitational instability in response to mantle convection.
All of the decompression melting scenarios listed
above could operate simultaneously. For example,
where a plume supplies hot mantle beneath the
lithosphere, enhanced melting would occur in regions
of coeval or recent rifting, and melting could be further
enhanced by small-scale convection beneath these rift
zones. It is useful to view the current mantle plume
debate as a chance to weigh up the relative roles of all
these processes in individual provinces. Melt production
may also be enhanced in all of these models if the
peridotite source is particularly fertile (e.g., contains
eclogite or pyroxenite) or volatile-rich. However, active
or passive upwelling is always required to transport the
enriched source material into the melting region.
2.1. Mantle plumes
In mantle plume models, upwelling is initiated by
lateral buoyancy variations deep in the mantle. It is
usually accepted that the positive buoyancy results
mainly from higher heat content, although compositional buoyancy may play a role. Thermal buoyancy
may be supplied by both internal and basal heating. A
component of basal heating is required to generate
concentrated upwelling in a plume conduit rather than
diffuse upwelling over a broad region, although it need
not be a large component (Bunge et al., 1997). The
importance of basal heating implies that mantle plumes
must rise from a thermal boundary layer, and the most
likely candidates are generally thought to lie just above
either the core-mantle boundary or the 670-km discontinuity. Recent more earth-like numerical experiments
that account for the depth dependence of thermal
expansivity and realistic plate motions suggest that
narrow concentrated plumes need not be directly related
to the core-mantle boundary or the 670-km discontinuity
and they can sometimes rise from the edges of hot
bodies ponded in the mid mantle (Davies and Bunge,
2006). Unfortunately, observations of surface uplift
cannot distinguish these models for plume initiation
because deflection of the surface of a fluid layer is
mainly a response to motion of the fluid close to the
surface (Parsons and Daly, 1983). Therefore observations of uplift at Earth's surface can constrain models for
impact of a plume head beneath the lithosphere, while
seismic constraints on the topography of the core-mantle
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boundary and 670 km discontinuity would be required
to constrain models for plume initiation.
When the buoyant peridotite rises to the base of the
plates, it may decompress sufficiently to undergo
extensive melting, typically forming large volumes of
tholeiitic basalt magma. One explanation of the
formation of LIPs is that they represent an anomalous
transient period of high plume flux, perhaps associated
with an initiating, or ‘start-up’ plume. The predicted
shape and rise time of start-up plumes are strongly
dependent on assumptions about mantle viscosity
structure, rheology and the relative importance of
internal and basal heating. In a Newtonian, isoviscous
fluid with all buoyancy supplied from below, starting
plumes form roughly spherical diapirs (Richards et al.,
1989; Campbell and Griffiths, 1990; Griffiths and
Campbell, 1991). When this model is applied to explain
LIPs, the diapir (or plume head) needs to be initially
about 1000 km in diameter and, on impact with the base
of the lithosphere, the head is predicted to spread
laterally to form a structure some 2000 km in diameter.
However, the viscosity in the mantle probably decreases
by several orders of magnitude from bottom to top (Forte
and Mitrovica, 2001). In this case, diapiric plume heads
are predicted to narrow and rise more rapidly towards the
top of the mantle (Farnetani and Richards, 1994). If the
mantle rheology is strongly non-linear, then start-up
plume heads are predicted to be only a few hundred km
in diameter, similar to the diameter of the trailing plume
conduits (Larsen et al., 1999). If the asthenosphere forms
a particularly low viscosity channel, then convective
flow should be strongly concentrated in this layer. This
argument has lead to development of a group of plume
head models that ignore the dynamics of buoyant
material rising through the mantle and concentrate
on lateral flow within the asthenosphere (Ribe and
Christensen, 1994; Sleep, 1996, 1997).
Two of the main observations of interest in this study
are the timing and magnitude of surface uplift and the
spatial and temporal relationship between uplift and
magmatism. Although start-up plume models generally
predict that uplift should precede magmatism, more
detailed prediction of the responses listed depends on
the choice of model as well as the viscosity structure and
rheology. At one end of the spectrum, the diapiric startup plume model of Griffiths and Campbell (1991)
predicts that uplift may begin about 20 m.y. and peak
about 5 m.y. before onset of igneous activity. On the
other hand, plume head models dominated by lateral
asthenosphere flow with non-linear rheology allow
onset and peak of uplift to be less than 1 m.y. before
onset of igneous activity (Larsen et al., 1999). The
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maximum amplitude of uplift is predicted to be about
0.5–1 km for diapiric models (Campbell and Griffiths,
1990) or higher if the temperature anomaly is hot
enough to generate significant melt below unstretched
lithosphere (Farnetani and Richards, 1994). Lateral
spreading plume head models can explain uplift of up to
several kilometres (Sleep, 1997). These figures can be
compared with estimates of modern dynamic support of
about 2 km at Iceland and 1.2 km at Hawaii (Sleep,
1990; Jones et al., 2002). The spatial relationship
between uplift and igneous activity depends on the
relative importance of upwelling and lateral spreading of
plume material, and on the thickness of the lithosphere.
If significant upwelling occurs (diapir models) then
igneous activity should occur across the uplifted region.
If the plume head is injected laterally then all
decompressional melting should occur near the plume
conduit, and large regions away from the conduit can
experience major uplift but little igneous activity.
However, both of these scenarios will be modified by
lithospheric thickness. Overall there are no detailed
constraints on timing and amplitude of uplift from the
plume head models, mainly because the viscosity
structure of the mantle is not sufficiently well known.
It is therefore better to constrain the models using
observations rather than to judge the observations using
the models.

1995), the boundary between very old oceanic lithosphere and thinner continental lithosphere (King and
Ritsema, 2000) or the margin of a narrow rift zone
(Mutter et al., 1988). Edge-driven convection could
form a secondary circulation within a hotcell (King and
Anderson, 1998). Mutter et al. (1988) proposed that
active upwelling rates might be further enhanced by the
increase in buoyancy of residual mantle upon melting,
though it is also possible that the concomitant increase
in viscosity could suppress secondary convection. All of
the studies mentioned above suggest that generation of
volcanic passive margins can be explained by edge- and
residual buoyancy-driven convection alone and need not
be linked to upwelling of unusually hot mantle from
great depth. However, edge-driven convection could
also occur as secondary convection within a plume
head, where it would be even more effective in
enhancing melt production because of the higher
temperature and lower viscosity (Keen and Boutilier,
2000). Observations of surface uplift provide a clear test
of whether convection is related to lithospheric
architecture. In the hotcell model, cratons overlie hot
upwelling mantle and should be uplifted, whereas the
adjacent thinner lithosphere should overlie the downwelling limb and should remain stable or subside. In the
edge-driven convection model, uplift should occur in a
band parallel to the lithospheric step.

2.2. ‘Top-down’ convection models

2.3. Response of the lithosphere to convection

In top-down convection models, the lateral thermal
gradients required for convection are generated by
lateral differences in lithospheric thermal insulation and/
or by topography on the base of the lithosphere.
Convection is confined in the upper mantle in many
models, although it penetrates the lower mantle in some
variants (Korenaga, 2004). Juxtaposition of many
continent-based LIPs with the margins of cratons led
Anderson et al. (1992) and King and Anderson (1995) to
propose that the thermal contrast beneath cratonic
lithosphere and the adjacent thinner lithosphere initiates
a convection cell. As the mantle flows out from under
the craton in the upper limb of this convection cell, it
may upwell, decompress and melt beneath the thinner
lithosphere. This style of convection was termed a
‘hotcell’ by Anderson et al. (1992). Guillou and Jaupart
(1995) have proposed that thermal insulation beneath
continents may actually establish plume-like convection
systems. In another top-down scenario known as edgedriven convection, a convective cell is set up adjacent to
a sharp step in lithospheric thickness. The sharp step
could be the edge of a craton (King and Anderson,

The lithosphere is generally thought to deflect
passively in response to underlying thermal and
convective structure to give long-wavelength (many
hundred to a few thousand km diameter) domal surface
uplift. The strength of the lithosphere means that it
potentially filters out short-wavelength features, such as
the steep flow fronts predicted by some plume head
models based on laterally spreading gravity currents, or
small-scale edge-driven convection cells. These views
come from observations of modern oceanic hotspot
swells, described in the introduction. However, Burov
and Guillou-Frottier (2005) argue that a rheologically
layered lithosphere can lead to a much more complex
surface response. They predict that simple, longwavelength doming should occur only in cases where
the lithosphere contains no weak internal layers, and
they suggest that this condition is met only in oceanic
and old, cold and thick continental lithosphere. In
situations where the continental lower crust is weak and
there is good coupling between lithosphere and
asthenosphere, they show that either surface uplift or
subsidence can occur over a range of amplitudes and
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wavelengths in response to a mantle plume head.
However, the continental rheology used by Burov and
Guillou-Frottier (2005) could be a special case. There is
evidence that in many continental regions the lower
crust is strong and dry and the underlying asthenosphere
is weak (Morgan et al., 1995; Maggi et al., 2000) and in
these cases the surface response to a mantle plume
should be the same as in the oceanic case. The Burov
and Guillou-Frottier (2005) surface uplift model therefore needs to be tested using observations from LIPs
emplaced in a range of continental tectonic settings.
Data from the Emeishan and North Atlantic Provinces
are useful in this regard. These data provide no obvious
evidence for complex spatial patterns of surface uplift.
2.4. Lithospheric thinning
The major element composition of flood basalts
shows they are usually produced beneath thin lithosphere (Jaques and Green, 1980). More recently, rare
earth element modelling has shown that the top of the
melting zone for many major flood basalt provinces lay
well within the spinel stability field, at a depth of 50–
70 km (White and McKenzie, 1995). Lithospheric
thinning to explain these observations might occur by
gravitational instability and/or by rifting.
If lithospheric thinning occurs only by rifting, the
amount of rifting required to account for the observed
melt production rates and compositions depends on
whether mantle upwelling is passive or active. For
active upwelling, stretching of the lithosphere by a
factor of less than 2 is required to account for melting
rates appropriate for the Deccan, North Atlantic and
Siberia (White and McKenzie, 1995). Rifting can be
coeval with magmatism or it can precede magmatism
by a time period of less than one lithospheric thermal
time constant (40–60 m.y.) to leave lithospheric ‘thin
spots’ (Thompson and Gibson, 1991). Greater
amounts of stretching are required if upwelling is
passive. Melt production during rifting can be
increased by increasing the magnitude of stretching
or by decreasing the duration of stretching, as well as
by increasing the mantle potential temperature (Bown
and White, 1995).
The lithosphere comprises an upper mechanical
boundary layer, in which heat is entirely transported
by conduction, and a lower thermal boundary layer,
which is subject to episodic convective instabilities that
maintain equilibrium plate thickness (White, 1999). The
base of the mechanical boundary layer lies about
100 km deep beneath mature oceanic lithosphere and
greater than 150 km deep beneath cratons (White,
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1999). If hot mantle is emplaced beneath the lithosphere, gravitational instabilities can remove the
lithospheric thermal boundary layer relatively easily
(Davies, 1994). However, mantle convection alone
cannot easily erode the base of the mechanical boundary
layer because heat is mainly transported in to it by
conduction, a slow process. In this case, rifting is also
required to explain rapid melting much shallower than
about 100 km for equilibrium lithosphere. Alternatively,
if sufficient heat can be introduced into the mechanical
boundary layer by intrusion of dykes, the entire mantle
lithosphere can potentially be weakened and removed
by gravitational instability, allowing shallow melting
without any need for rifting (Tanton and Hager, 2000;
Elkins-Tanton, 2005).
The processes of thinning the lithosphere by stretching and by gravitational instability are not identical, but
are similar enough to generate transient surface uplift
histories that are probably indistinguishable in practice.
A better way to constrain the roles of rifting and gravitational thinning is therefore to measure the rifting
history from subsidence analysis of sedimentary successions, observations of fault movements and seismic
profiling of the entire crust. If rifting can account for the
thinning that is required to explain the observed melt
volumes and compositions, then gravitational instabilities need not be invoked. However, this procedure
will be difficult where seismic imaging is sparse or an
incomplete sedimentary record of rifting is preserved.
3. Emeishan Traps (∼ 260 Ma) (Yigang Xu)
The Late Permian Emeishan basalts are erosional
remnants of the voluminous mafic volcanic successions occurring in western margin of the Yangtze
Craton, southwest China. They are exposed over an
area of 250,000 km2 (Zhang et al., 1988; Xu et al.,
2001) bounded by the Longmenshan thrust fault in the
northwest and the Ailaoshan–Red River strike-slip
fault in the southwest (Fig. 1a). However, some basalts
and mafic complexes exposed in the Simao Basin,
northern Vietnam (west of the Ailaoshan–Red River
Fault), and in Qiangtang terrain, Lingjiang–Yanyuan
belt and Songpan active fold belt (northwest of the
Longmenshan Fault) may be parts of the Emeishan
LIP (Chung et al., 1998; Xiao et al., 2003; Hanski
et al., 2004). The Emeishan volcanic succession comprises predominantly basaltic flows and pyroclastic
deposits, with minor amounts of picrites and basaltic
andesites, with a total thickness ranging from several
hundred metres up to 5 km (Chung et al., 1998; Xu
et al., 2001).
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Fig. 1. (a). Map showing geology of the Emeishan large igneous province and the isopachs of the Maokou Formation. Numbers on isopachs indicate
the thickness in metres. Dashed lines separate the inner, intermediate and the outer zones, which are defined in terms of erosion extent of the Maokou
Formation. (b). Biostratigraphic correlation of the Maokou Formation in the Emeishan large igneous province along the west-east oriented profile
shown in (a). (Stratigraphic columns A to I correspond with locations along the profile.) Modified after He et al. (2003).

The Emeishan basalts unconformably overlie an
upper Middle Permian carbonate, the Maokou Formation, and are in turn covered by the uppermost Permian

Xuanwei and Longtan Formations (equivalent to the
Wujiaping Formation) in the east, and the Late Triassic
sedimentary rocks in the central part, of the Emeishan
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LIP. It is now clear that the contact between the Triassic
sedimentary rocks and the Emeishan basalts is an
erosional unconformity, which resulted from prolonged
uplift of the central Emeishan LIP and concomitant
erosion of Emeishan basalts (He et al., 2006). The
stratigraphic relationship therefore suggests that the
Emeishan basalts were erupted prior to the Permo–
Triassic boundary, most likely occurring at the MiddleUpper Permian boundary (corresponding to the Capitanian/Wuchiapingian stage: 260 Ma; Gradstein et al.,
2004). Consequently, the eruption age of the Emeishan
basalts is inferred to be ∼ 260 Ma (Courtillot et al.,
1999; Xu et al., 2004). This age is confirmed by recent
U–Pb analyses on zircons from the mafic and alkaline
intrusions (Zhou et al., 2002; Xu et al., unpublished
data).
3.1. Evidence for pre-volcanic uplift
The sedimentation in SW China prior to the Emeishan
flood volcanism is characterized by a carbonate platform setting (Wang et al., 1994; Feng et al., 1997). This
carbonate platform, covering an area much larger than
the Emeishan LIP, comprises the Liangshan, Qixia and
Maokou Formations. Based on the petrologic characteristics of the limestone and associated fossil assemblages,
the seawater in south China in the Permian period is
inferred to have been shallow and clean, and by implication the crust was stable at that time.
The main constituent of the carbonate platform, the
widespread Maokou Formation, immediately underlies
the Emeishan basalts. It mainly consists of bedded to
massive limestones, and has a thickness ranging from
250 to 600 m. An abundant and rapidly evolved fossil
assemblage permits division of the Maokou Formation
into three biostratigraphic units, from bottom to top,
Neoschwagerina simplex zone, Neoschwagerina craticulifera–Afghanella schencki zone and Yabeina–Neomisellina zone (Fig. 1b). These biostratigraphic units are
well correlated throughout south China (ECS, 2000),
and thereby permit a regional-scale comparison (Fig. 1).
Integration of the data from 67 sections allows the
construction of isopachs within the Maokou Formation.
These isopachs delineate a subcircular plan (Fig. 1a).
The thickness varies from b 100 m in the inner zone,
through 200–450 m in the intermediate zone, to ∼600 m
in the outer zone (He et al., 2003). The inner zone
encloses west Yunnan and south Sichuan, and is about
400 km in diameter (Fig. 1a). A cross section across the
region (Fig. 1b) also clearly shows the thinning of the
Maokou Formation in the inner region. For instance,
while all three biostratigraphic units of the Maokou
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Formation are present in the sections at the two ends of
the profile (especially in Guizhou province), only the
lowermost unit (i.e., the Neoschwagerina simplex zone)
is present in the sections in the central part of the profile
(Fig. 1b).
The regional variations in the thickness and distribution of the Maokou Formation could be due to
differential erosion, or absence of a suitable depositional
basin due to lack of basement subsidence. Although
different in detail, both scenarios require crustal domal
uplift in the middle-late Permian.
The contact between the Maokou Formation and the
Emeishan basalts in the inner and intermediate zones is
irregular, with considerable topographic relief. The
majority of Emeishan basalts were erupted subaerially
(Chung et al., 1998), and were probably emplaced over a
karstic surface of the Maokou Formation. The relief of
the contact is usually several metres to 50 m high (He
et al., 2003). Limestone enclaves or blocks are commonly found in the lower volcanic succession in the
southern part of the Emeishan LIP. The enclaves may
originally have been gravels, boulders or blocks on
erosion surface that were then entrained by lavas during
emplacement. Karst morphology developed at the top of
the Maokou limestone, and is well preserved at Lunan
(approximately 75 km SE of Kunming). The development of karst morphology requires exposure of the
Maokou Formation under subaerial conditions. This
could be taken as evidence for crustal uplift prior to the
Emeishan volcanism.
Other evidence in support of the idea that the contact
between the Maokou Formation and Emeishan basalts
is an erosion surface or a depositional hiatus includes:
(a) in some localities in the inner and intermediate zones,
there are relict gravels, boulders and basal conglomerates
along the contact; and (b) palaeoweathering crust and
palaeosols occurring along the contact between the
Maokou Formation and the Emeishan basalts in the
outer zone. The palaeoweathering zone contains pyritebearing clay rocks, manganese and thin layers of coal and
siliceous rock.
It is important to note that the unconformity is
regional and restricted to the Emeishan LIP, and is not
observed in the southern Yangtze and South China
Blocks. The thinned Maokou Formation capped by an
unconformity suggests that the development of the uncomformity was induced by crustal uplift, which was
also responsible for the stratigraphic thinning.
The Middle Permian is characterized by the deposition of a vast carbonate platform (Fig. 2a). This platform
was subjected to subaerial erosion to varying degrees in
the late Middle Permian, leading to the appearance of an
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elliptical basement core (known as the Chuandian ‘old
land’) in the centre of the Emeishan LIP (Fig. 2b). Late
Permian palaeogeography is defined by deposition on
and offlapping from this “circular” region. For example
the distribution of upper Permian post-basalt terrestrial
clastic sedimentary rocks (Xuanwei Formation) is
largely confined to the intermediate zone surrounding
the Chuandian old land, and the shallow marine limestones (Longtan Formation) tend to have been deposited
in the outer zone (Fig. 2b). The transition from terrestrial
to shallow marine clastic sedimentation and the circular
sedimentary pattern are expected given the crustal
doming in the Emeishan LIP.
The distribution of the Emeishan basalts appears to be
correlated with the spatial variation in thickness of the
Maokou Formation. Most of the remaining outcrops of
the Emeishan basalts occur within the intermediate zone,
whereas there are few, localised outcrops of basalt in the
inner zone. This distribution pattern can be understood
if the inner zone corresponds to the uplift area where
originally emplaced basalts were largely removed due to
enhanced erosion. Recent geochemical analyses of clastic
rocks of the Xuanwei Formation, which occurs surrounding the inner zone (Fig. 2b), show that the lowermost
rocks have a geochemical affinity to the Emeishan felsic
volcanic rocks, whereas the overlying sediments are
compositionally more akin to mafic components of the
Emeishan traps. This is the reverse of volcanic sequence
of the Emeishan LIP where the felsic extrusives sit above
predominantly mafic rocks. We thus suggest that the
Xuanwei Formation comprises water-transported sedi-

mentary rocks resulting from erosion of the volcanic rocks
in the centre of the Emeishan LIP (He et al., 2006).
3.2. Timing, scale and extent of the uplift
The stratigraphic thinning of the Maokou Formation
could be related to differential erosion or lack of
subsidence and accumulation. Although both cases
require crustal uplift, they imply different timing. If
the stratigraphic thinning is related to sedimentation
over an already uplifted region, uplift might have taken
place after the formation of lowermost unit of the
Maokou Formation, given the presence of the Neoschwagerina simplex zone in the centre of the uplift area. In
this case, the crust was uplifted above sea-level after the
early Middle Permian; consequently, the two upper units
were not accumulated in the uplifted area. However,
several lines of evidence suggest that all three units of
the Maokou Formation had been accumulated in South
China and that formation thinning may be related to
subsequent erosion. For example, conglomerates on the
erosional surface, in alluvial fans and limestone lenses
in the lower lava successions in the inner and intermediate zones contain fossils that are identical to those
found in the uppermost Maokou Formation (He et al.,
2003). Therefore, the domal uplift likely started after, or
was coeval with, the deposition of the uppermost unit of
the Maokou Formation. The duration of pre-eruptive
uplift has been estimated to be 1–2.5 m.y. by using the
eroded thickness of the Maokou Formation and erosion
rates under tropical climate conditions (He et al., 2003).

Fig. 2. Comparison of palaeogeography before and after the Emeishan volcanism. (a) A stable, homogeneous carbonate platform in the Maokou stage
(P2); (b) palaeogeography in the Wujiapingian (P13) showing clastic rocks surrounding the Chuandian old land. Modified after Xu et al. (2004).
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The persistence of the Chuandian old land until the
middle Triassic suggests a prolonged uplift (N 45 Ma) of
the inner zone in the Emeishan LIP. This uplift may be
composed of two phases separated by rapid subsidence.
Evidence for this includes: (a) although the majority of
Emeishan basalts were subaerially erupted, small
portions of submarine facies occur in the margin of
the Emeishan LIP (He et al., 2006). (b) The uplift
probably ended in the beginning of the Late Permian
(∼ 258 Ma) because a new transgression and depositional onlap started at that time (Xu et al., 2004). These
observations suggest a rapid subsidence phase following
the pre-volcanic uplift.
According to the spatial distribution of the thinned
Maokou Formation and of the unconformity between
the Emeishan basalts and the Maokou Formation, the
uplifted area is inferred to cover nearly entirely the
western part of the Yangtze Craton. It corresponds to an
area 800 km in radius (Fig. 1a). The magnitude of
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dynamic uplift has been estimated from the erosional
features in the overlying sedimentary sequence (He
et al., 2003). A lower bound of 50–100 m of uplift is
obtained from the observed exhumation of 500 m by
isostatic balancing. An estimate of N1000 m of uplift
has been inferred by He et al. (2003) on the basis of the
geometry of the alluvial fan in the northeastern flank of
the domal structure.
4. Siberian Traps (∼ 251 Ma) (Andy Saunders)
The Siberian Traps represent the remnants of the
largest Phanerozoic continental flood basalt province,
with an estimated original area of 4 × 106 km2 and an
original combined volume of extrusive and shallow
intrusive rocks at least 2 × 106 km3 (Milanovskiy, 1976)
but probably significantly more (Fedorenko et al., 1996).
Eruption was coeval with the Permo–Triassic boundary at
251 Ma (using the timescale of Gradstein et al., 2004).

Fig. 3. Map of the West Siberian Basin and adjacent terrain showing the location of the outcropping Siberian Traps on the Siberian Craton and Taimyr
Peninsula, and the estimated extent of the basalts beneath the West Siberian Basin. The precise area and age of the basalts within the West Siberian
Basin are unknown; many are buried several kilometres beneath Mesozoic and Cenozoic sedimentary rocks. The western margin of the Siberian
Craton is approximately followed by the Yenesei River. (After Surkov, 2002; Reichow et al., 2005; Saunders et al., 2005).
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Isotopic dating reveals that the bulk of the lavas and
intrusive rocks at Noril'sk, northern Siberia (Fig. 3), were
erupted in a short time period (less than 1 m.y.), but the
duration of the province as a whole is unknown; it may be
a short as 600 k.y. (Campbell et al., 1992), but could be
much longer. Isotopic dates from widespread localities,
including Meimecha–Kotuy, the West Siberian Basin and
Putorana (Fig. 3) all indicate magmatic activity around
250 Ma, so it is likely that the bulk of the province was
erupted synchronously (see reviews in Reichow et al.,
2002; Kamo et al., 2003). A substantial portion of the
Siberian LIP is, unfortunately, buried beneath the West
Siberian Basin and the Khatanga Trough. The maximum
observed thickness (∼3500 m) of lavas occurs at Noril'sk
(e.g. Wooden et al., 1993) located on the NW margin
on the Siberian Craton, but the thickness beneath the
Khatanga Trough may be substantial, and several kilometres of basalt are known to exist in deep graben
structures beneath the West Siberian Basin (Westphal
et al., 1998). The rift structures beneath these basins
define a crude ‘triple junction’ which has been invoked as
the main focus of activity of the Siberian Traps.
The involvement of a mantle plume in the formation
of the Traps has been questioned on the basis of field
data. Czamanske et al. (1998) have argued that the
Permian and Triassic sedimentary facies on the Siberian
Craton in the areas of Noril'sk, Putorana and Nizhnyaya–
Tungsuka show no evidence of uplift, transient or otherwise, as predicted by emplacement of a mantle plume
beneath those regions. Indeed, there may even be indication of subsidence, because brackish and possibly
marine fossil fauna are found in intertrappean sediments.
However, all of these successions lie on the Siberian
Craton, a region of very thick lithosphere that has
remained tectonically stable since at least the Palaeozoic.
Furthermore, it is not clear where the putative plume
ascended; beneath the craton or beneath the basins to the
north and west.
The West Siberian Basin has acted as a major
depositional centre throughout most of the Mesozoic
and Cenozoic (Peterson and Clarke, 1991). Deep N–S
grabens and half-grabens show up on seismic profiles of
the basement surface (Fig. 3, and Surkov, 2002). The
rifting event(s) that formed these grabens was active at
least during the Triassic and possibly into the Jurassic,
but it is not clear when rifting began (Saunders et al.,
2005). Many of the rifts are floored by thick sequences
of basalt, but basalt also occurs on the rift shoulders
(Fig. 3), so it would appear that at least some of the
volcanism either pre-dates, or was synchronous with,
the rifting events. Reichow et al. (2002, 2005) have
confirmed that at least some of the basalts are con-

temporaneous with, and compositionally similar to, the
main Traps exposed to the east. Although the basement
surface now lies several kilometres below sea-level, this
was not the case during the late Palaeozoic (Peterson
and Clarke, 1991). Early sedimentary rift fill is
characterized by Triassic continental facies which
inter-finger with marine facies in the northern part of
the basin. Structural highs in the Palaeozoic basement
surface were emergent until the Jurassic. Jurassic sedimentary rocks lie with major unconformity on the
Palaeozoic basement on the rift shoulders and on regional horsts, indicating major marine incursions at that
time. There are surprisingly few Permian sequences
preserved, suggesting that the region was undergoing
erosion, or non-deposition, at that time. Whether this
was due to uplift associated with the emplacement of a
mantle plume or a regional orogenic process is unclear.
The basalts from Noril'sk show a progressive shallowing of the average depth of melting through the 3500 m
thick sequence. The early lavas (e.g., the Gudchikhinsky
Suite) have Sm/Yb ratios consistent with melt generation
beneath moderate-thickness lithosphere (∼100 km, similar to that beneath Hawaii), but the Sm/Yb ratios decreased markedly in the later voluminous Upper Sequence
(e.g., Fedorenko et al., 1996; Sharma, 1997). These data
indicate very shallow depths of melt segregation, entirely
at odds with melt generation beneath the thick Siberian
Craton or indeed beneath any typical continental lithosphere. The present-day thermal thickness of the craton is
of the order of 300 km (Artemieva and Mooney, 2001),
consistent with the seismological evidence (Zhang and
Tanimoto, 1993) and, whilst we are uncertain about the
thickness of the craton during the Permian, there is no
reason to believe that it was significantly thinner than at
the present-day. Generation of tholeiites beneath such
thick lithosphere, whilst simultaneously producing the
observed low Sm/Yb ratios, would require very high
mantle temperatures with attendant strong uplift. Rather,
the data indicate melt generation beneath highly thinned
lithosphere, beneath the lithosphere of the West Siberian
Basin and adjacent basins.
Such attenuation may have been achieved by prior or
contemporaneous rifting and indeed there is clear
evidence of Permo–Triassic rifting in the West Siberian
Basin, forming the large Urengoy and Khudosey rifts
(e.g., Nikishin et al., 2002; Saunders et al., 2005;
Vyssotski et al., 2006; Fig. 3). The amount of extension
(β factor) was estimated by Saunders et al. (2005) to be
between 1.2.and 1.6 which, because of magmatic additions, must be considered a lower bound. If the amount
of synmagmatic strain in the West Siberian Basin was of
the order of 2 to 3, and was rapid, then it is theoretically
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possible to generate 1 to 2 km of melt from mantle with a
potential temperature of 1400 °C (e.g., Bown and White,
1995). However, it should be emphasized that a significant part of the rifting was Triassic and post-Triassic in
age, because sediments as young as Jurassic are involved
in growth faults at the graben margins. There appears
therefore to be a contradiction in the amount of extension
predicted by the amount and composition of the basalts,
and the amount of extension estimated from the crustal
structure.
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flood basalt provinces, due largely to its eruption being
contemporaneous with the Cretaceous–Tertiary boundary
(KTB) (Baksi and Ferrar, 1991; Basu et al., 1993; Baksi,
1994; Widdowson et al., 2000; Fig. 5). Much of the main
Deccan province was erupted between 66–65 Ma over a
period of only 0.5–1 m.y. (Duncan and Pyle, 1988;
Courtillot et al., 1988), mostly during chron 29r (Courtillot
et al., 1986; Gallet et al., 1989; Hofmann et al., 2000). Its
postulated origin from melting of a plume head has recently
been challenged (e.g., Sheth and Chandrashekharam,
1997; Sheth 1999, 2005).

5. Deccan Traps (∼65 Ma) (Mike Widdowson)
5.1. The timing of rifting and Deccan volcanism
The Upper Cretaceous to Lower Paleocene Deccan
Traps currently extend over an area of ∼500,000 km2, and
are estimated to have had an original erupted volume of
0.75–1.5 ×106 km3 (Fig. 4). The Deccan is perhaps the
most widely known and discussed of all the continental

The relative timing of rifting, separation of continental fragments, and volcanism is crucial to both the
plume and the non-plume models. One variant of the
plume model is that rifting above an incubating plume

Fig. 4. Map of the Deccan flood basalt province showing main structural components. Shaded areas represent the current areas of basalt outcrop.
Cross section (Fig. 6) line X–Y follows the Western Ghats escarpment where the lava succession is best exposed. Oval region (dotted) marks the limit
of a low seismic velocity zone (LSV) beneath the Indian continental crust; Kennett and Widiyantoro (1999) argue this LSV marks the region where
the plume head conduit penetrated beneath the Indian continental crust. A 200 km diameter circle marks the region of maximum predicted uplift
above a putative plume sited beneath the junction of the Narmada and Cambay rift zones at c. 70–68 Ma. A 1000 km diameter circle marks the limit of
uplift generated by the same plume. The locus of dynamic plume-related uplift migrated southward as a consequence of the northward drift of greater
India. Numbers 1–3 (square boxes) indicate the localities of key onshore sedimentary successions. Inset map shows location of major offshore
depocentres; Kutch Basin (KB); Krishna–Godavari Basin (KGB); Cauvery Basin (CB). Bulls-eye circles show position of alkaline complexes, and
diamonds indicate location of primary picritic basalts.
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Fig. 5. Composite chemostratigraphy and magnetostratigraphy of the
main Deccan province. Individual formational units are shown to
approximate thickness. Age data are provided for magnetochron
boundaries.

head plume triggered the rapid eruption of the Deccan
basalt (e.g., White et al., 1987; White and McKenzie,
1989). Hooper (1990), however, argues for significant
extension, and the subsequent rifting and separation, to
have occurred after the development of the main Deccan
province (see also Burke and Dewey, 1973; Richards
et al., 1989), implying that impact of the plume head
triggered melting directly. Sheth (1999, 2000, 2005)
disputes the involvement of a plume altogether.
The earliest Deccan (68 Ma) manifestations were
small-volume alkaline volcanic and intrusive rocks of
the northern part of the province (Basu et al., 1993),
which then progressed through to, and partially overlapped with, the younger and increasingly voluminous
tholeiitic eruptives of the main Deccan province. Flood
basalt magmatism began at 67 Ma in the Kutch–
Narmada–Son rift valley area and progressed southwards, with the final flood eruptions occurring in the

early Paleocene (64 Ma) at the southern margin of the
main Deccan province (Fig. 6; Mitchell and Widdowson,
1991; Widdowson et al., 2000). A final phase of
rhyolitic, trachytic and basaltic Deccan volcanism
occurred in the Bombay region at 62–64 Ma (Lightfoot
et al., 1987; Sethna, 1999; Sheth et al., 2001), and was
characterised by phreatomagmatic and spilitic-type
eruptions occurring in a shallow, newly-formed brackish-marine gulf. This gulf had formed through marine
incursion along the subsiding continental crust of the
thinned Indian margin (Cripps et al., 2005) prior to the
final separation of the Seychelles–Mascarene microcontinent at chron 27–28 (Todal and Eldholm, 1998);
dredge samples reveal similar trachytic basalts capping
foundered fault blocks on the conjugate Seychelles rift
margin (Collier et al., 2004, 2005). Subsequently,
magmatism moved offshore, across this thinned continental margin, and eventually onto newly-formed
oceanic lithosphere to form the Chagos–Laccadive
Ridge (Duncan and Hargreaves, 1990). Importantly,
the onset of seafloor spreading along the Indian margin
south of the offshore Cambay–Narmada–Son region
began during chron 28, some 1–2 m.y. after the main
Deccan province eruptive acme (Courtillot et al., 1988;
Gallet et al., 1989; Chaubey et al., 1998; Todal and
Eldholm, 1998).
Post-eruptive rifting of the Indian continental crust is
further confirmed by the presence of extensive coastparallel dyke swarms. These clearly cut through the
upper part of the chron 29r Deccan succession (i.e.,
Bushe, Poladpur and Ambenali Formations, Fig. 5),
indicating that coast-parallel extension must have
occurred late in the development of the main Deccan
province (Hooper, 1990). Moreover, the occurrence of
Seychelles dykes (Devey and Stephens, 1991) of similar
composition to the later, extrusive phases of the main
Deccan province (i.e. Bushe Formation), similarly
suggests that separation of the Seychelles–Mascarene
microcontinent cannot have occurred prior to the main
chron 29r eruptive acme. The fact that these lavas are
amongst the most crustally contaminated of the entire
Deccan succession (Cox and Hawkesworth, 1984;
Devey and Lightfoot, 1986) further indicates that a significant thickness of Indian continental crust remained
above the Deccan melting anomaly at this time.
The sedimentary record also aids in determining the
chronology of the Seychelles rifting event. The offshore
succession is typical of a rifted margin setting, and
numerical modelling indicates an initial episode of rapid
subsidence between 17°–20° N accompanied active
extension of the margin during the period 60–63 Ma
(Whiting et al., 1994). This offshore succession
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Fig. 6. North-south sketch section showing structure and stratigraphy of the Deccan lava succession along the Western Ghats escarpment 16°–22°N.
Shading and numbering distinguish Kalsubai (2), Lonavala (3), and Wai (4) subgroups (Fig. 5). The Wai Subgroup is further divided into individual
formation units Poladpur–Desur (4a–4e). Due to the northward movement of India over a hotspot source, successive eruptive packages (1–4e, dykes
shown schematically) build on the southern flank of the evolving volcanic edifice. Vertical exaggeration ×25.

consists of a Paleocene early ‘rift-fill’ which was initially
dominated by conglomerates and continental clastic
sedimentation derived from the erosion of the main
Deccan basalt succession and its adjacent basement
lithologies; above these, progressively finer-grained
shelfal clastics were deposited during later Paleocene
times, eventually passing upward into late-Paleocene to
Miocene marine carbonates, and then deeper water
marine sediments (Whiting et al., 1994; Chaubey et al.,
1998). The fact that the early ‘rift-fill’ sediments contain
a substantial proportion of basalt-derived material
illustrates three important facts: first, that the extensional
topography forming the nascent continental margins was
already undergoing uplift and erosion; second, that this
erosion continued during the initial rifting event, and
after the separation of the Seychelles–Mascarene microcontinent; and third, that the regions being denuded
during the pre-rift extensional phase were already
dominated by considerable thicknesses of Deccan lava
fields.
Whilst there is strong evidence that the main phase of
rifting leading to plate break-up began during the later
stages, and culminated after, the volcanic activity of the
main Deccan province, it is also apparent that lithospheric extension had been underway since at least the
Maastrichtian in north-west peninsular India (Todal and
Eldholm, 1998, and references therein). Arguably, this
pre-break-up phase of extension and thinning could
have controlled the location of eruption and composition

of the earlier magmas (Thompson and Gibson, 1991).
Nevertheless, models invoking pre-Deccan rifting and
separation remain difficult to explain geodynamically
because isotopic data indicate that the majority of the
subsequent Deccan magmatism was preferentially
erupted through continental crust; clearly, if separation
had indeed occurred prior to the main eruption of the
Deccan Traps, then any magmatism would have more
probably occurred at a locus where the asthenosphere
had already reached the surface (i.e., through any coeval
region of seafloor spreading along the nascent Indian
margin). Such models would be inconsistent with
current geochemical and isotopic data. Moreover, the
apparent absence of any widespread seaward-dipping
reflector sequences along the offshore western margin of
India (Todal and Eldholm, 1998) is also inconsistent
with rifting and separation having occurred prior to, or
during, the main Deccan province volcanism.
To summarise this section, it would appear that bulk
of the Deccan volcanism occurred before the main phase
of plate break-up and the separation of the Seychelles–
Mascarene microcontinent from India. However, the
lithosphere extension that was to eventually culminate
in this continental separation event had already begun in
the Maastrichtian along inherited lines of weakness
(Biswas, 1987). Accordingly, nascent extensional structures were probably beginning to evolve by the time of
eruption of the main flood basalt volcanism (i.e., Late
Maastrichtian to Paleocene).
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5.2. Uplift associated with the Deccan province
Uplift associated with the Deccan Province can
conveniently be divided in pre-, syn-, and -post-eruptive
episodes. If the models of Griffiths and Campbell (1991)
and Farnetani and Richards (1994) are correct for the
Deccan, whereby a proto-plume head impacts on the
base of the lithosphere and thins laterally, then the
maximum transient uplift preceding the main Deccan
province eruptive episode should have been in the
Kutch–Cambay–western Narmada–Son rift valley region, with broadening but diminishing uplift further
to the east and south (Fig. 4). Moreover, since the
continued northward movement of India would have
decoupled the site of initial plume head impact from the
plume head centre, any initial thermal and dynamic of
uplift in the northern areas would have been relatively
short-lived. Seismic tomography identifies a cylindrical
region of lower seismic velocities beneath central Kutch
and the Cambay Rift. This has been interpreted as the
position of the ‘conduit’ through which plume head
material passed through the upper mantle before
arriving at the base of the Indian lithosphere (Kennett
and Widiyantoro, 1999).
The initial dynamic and thermal uplift effects above a
putative Deccan plume would have been subsequently
augmented by a wider magmatic underplating of the
region. Underplating represents the un-erupted residue
of a mantle melting event (Cox, 1993) and gabbroic
bodies intruded into the crust which, together with the
surface basalt eruption, serves to thicken the lithosphere
(Maclennan and Lovell, 2002). This process is considered to be an important mechanism for driving regional
syn-eruptive surface uplift and denudation of large
continental areas (White and Lovell, 1997). Seismological evidence for Deccan-related underplating is found
beneath the central and western regions of the
Narmada–Son rift valley (Reddy et al., 1999).
Following eruption of the main Deccan basalts, and
the Seychelles–Mascarene rifting event, erosion and
eastward retreat of the Western Ghats escarpment has
resulted in onshore denudational unloading, through the
removal of 1–1.5 km thickness of Deccan basalt across
the coastal plain (i.e. Konkan–Kanara lowlands) and the
inner continental shelf (Widdowson and Gunnell, 1999).
Onshore erosion and unloading has resulted in onshore,
coast-parallel uplift, and concomitant offshore subsidence due to the depositional loading of the eroded
materials. Subsequent isostatic adjustment has resulted
in a lithospheric flexing of the entire margin (Widdowson, 1997); this post-eruptive onshore uplift is the origin
of the coast-parallel anticlinal–monoclinal structure

developed in the basalt succession along the Western
Ghats region of the Deccan province (Widdowson and
Cox, 1996; Widdowson, 1997). Importantly, since
denudational unloading is independent of thermal
effects, it provides a long-term mechanism for generating permanent and continuing uplift (Gunnell et al.,
2003) throughout the Cenozoic.
5.3. Sedimentation associated with regional uplift
5.3.1. Offshore Basin sedimentation (Kutch, Krishna–
Godavari, and Cauvery basins)
The sedimentary records of the Kutch Basin of the
north-west Indian coast (i.e. offshore of the western
Narmada–Son rift valley), and the Krishna–Godavari
and Cauvery Basins on the east coast (Fig. 4; inset) are
all characterized by a three- to five-fold increase in the
rate of sedimentation during the late Campanian to early
Maastrichtian (Halkett et al., 2001). These all indicate an
increase in denudation occurring in the continental
hinterlands. The distribution of depositional facies in
these basins also changed fundamentally during this
interval because deeper marine sediments pass upward
into shallow water facies and, eventually, fluviallydominated clastic sedimentation, indicating rapid progradation of the proto-Godavari, Krishna and Cauvery
river systems. This long-term shallowing cycle is at
odds with the longer term late Campanian and early
Maastrichtian eustatic sea-level change (Li et al., 2000;
Adatte et al., 2002). It is also contrary to the pattern of
deposition in contemporaneous Tethyan marine basins
elsewhere (Goel et al., 1996). Accordingly, such
comparisons effectively preclude long-term eustatic
variation as the causative mechanism for the relative
sea-level fall recorded in the offshore basins of Late
Cretaceous India (Halkett, 2002). Moreover, subsidence
analysis of well log data from Krishna–Godavari and
Cauvery Basins shows several hundreds of metres of
transient surface uplift from the Maastrichtian to the late
Paleocene (Halkett et al., 2001). The timing of this
transient uplift signal occurs at incrementally later
intervals in the more southerly offshore basins (Halkett,
2002), and effectively parallels the southerly migration
of volcanic activity observed in the construction of the
Deccan Traps (Devey and Lightfoot, 1986; Mitchell and
Widdowson, 1991; Fig. 6).
5.3.2. North-western main Deccan province (Western
Narmada–Son Rift Valley and Cambay regions: earliest
MDP eruptive phase; Fig. 4, area 1)
Cretaceous sediments of the intra-cratonic Narmada–
Son rift succession have become locally deformed and
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tilted (10°–20°), resulting in an angular unconformity.
This is exposed in the western Narmada Valley where
basal lava units (∼67 Ma) lie upon deformed Cretaceous sandstones. Late Cretaceous regional uplift and
erosion is further evidenced in this area by local patches
of conglomerate preserved between the western Narmada sedimentary succession and the overlying basalts;
these conglomerates contain sub-rounded to sub-angular
clasts of the underlying sandstones, lamprophyric dyke
materials and, importantly, vesicular basalt. In addition,
part of the later dyke swarm radiating from the Phenai
Mata alkaline centre (∼ 68 Ma) cuts through both these
conglomerates and the overlying basal lava flows,
confirming that the clasts it contains were eroded during
the earliest stages of Deccan volcanic activity.
The Late Cretaceous sedimentary history of this
region is recorded by the deposition of the estuarine–
fluviatile sandstones of the Nirmar sandstone, followed by a rapid and widespread transgression
producing the Nodular and Coralline Limestones of
the Bagh Group. These were followed by a marine
regression, with the development of increasingly
continental facies in the overlying Lameta Group.
Importantly, this regional regression was contemporaneous with a global eustatic sea-level rise (Wignall,
2001; Adatte et al., 2002), indicating that NW India
was undergoing significant tectonic uplift at this time.
Such uplift also explains the increasingly continentaltype sedimentation during deposition of the Lameta
Group, and its continuing effects would then account
for the local stripping of the early Deccan volcanic
rocks and underlying Maastrichtian sedimentary rocks
in the western Narmada region.
5.3.3. North-eastern main Deccan province (Eastern
Narmada–Son Rift valley and Jabalpur and Mandla
lobe areas: early to mid main Deccan province eruptive
phase; Fig. 4, area 2)
In the eastern Narmada–Son Rift basin, the basement–
basalt contact becomes well exposed in the hills around
Jabalpur. Here, basement lithologies are covered with
variable thicknesses of Maastrichtian terrigenous sediments and palaeosol horizons of the Lameta Group.
The basal Green Sandstone unit of the Lameta
Group consists of quartz grains from the erosion of
local granitic lithologies, but its green colour is
imparted by clay (smectite) derived from the weathering and breakdown of basalt (Tandon et al., 1995; Salil
et al., 1997). The rare earth element contents of the
Green Sandstone and associated units further confirms
significant clay-fraction (montmorillonite and and
kaolinite) input derived from weathered Deccan basalt
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(Salil and Shrivastava, 1996). The Green Sandstone is
overlain by the lacustrine Lameta Group limestone
which marks a change to semi-arid palustrine and
lacustrine conditions, ephemeral lakes, widespread
pedogenesis, and a significantly reduced clastic input.
It is succeeded by the Mottled Nodular Beds which
contain conglomeratic lag deposits interpreted as
sheetwash deposits of a semi-arid alluvial plain
(Tandon et al., 1995). These coarse sandstones and
conglomeratic lags contain occasional sub-angular
clasts of altered Deccan basalt.
At Jabalpur, this sedimentary succession is overlain
and preserved by Ambenali and Mahabeleshwar
Formation flow units (chron 29r/n; Fig. 4). However,
earlier flows (Poladpur and Ambenali Formation) lie
directly upon the basement rocks at lower elevations
(Yedekar et al., 1996; Pattanayak and Shrivastava, 1999;
Cripps, 2002), indicating that the region had already
undergone several tens of metres of erosion and incision
prior to the arrival of the first lava flows in this eastern
region (Mandla Lobe) of the main Deccan province.
Subsequent encroachment of the later lava units then
filled this existing topography, and eventually capped
the patches of late Maastrichtian, dinosaur-bearing
Lameta Group that had remained preserved upon the
higher, uneroded, elevations.
5.3.4. Eastern and south-eastern main Deccan province
(Nagpur and Bidar areas: Poladpur to Mahabaleshwar
formations; Fig. 4, area 3)
Elsewhere, in regions distal to active centres of volcanism in the western main Deccan province (i.e.,
Narmada–Nasik–Mumbai), there are thin sedimentary
units (5–20 m) both immediately below, and intercalated
within, the peripheral basalt succession. These indicate
the existence of locally-restricted fluvial successions and
shallow pseudo-marine lakes around the eastern and
south-eastern margins of the Deccan province, during the
Late Cretaceous and early Cenozoic (Mohabey et al.,
1993; Prasad and Khajuria, 1995). A particularly large,
shallow lake (∼ 700 km2), and surrounding expansive
marshlands, developed in the Nand–Dongargaon Basin
south of Nagpur (Mohabey and Samant, 2005). These
lakes appear to have received a steady, fine-grained
terrigenous input throughout the late Maastrichtian, indicating a sustained remoteness from co-existing regions
of erosion occurring elsewhere.
The high nutrient supply to these lakes, as evidenced by phytoplankton blooms, was derived from
the weathering and liberation of mobile elements from
the Deccan volcanic succession developing far to the
west (Samant and Mohabey, 2005), and supplied by
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fluvial systems draining eastward across the land surface exposed around the fringes of the expanding lava
fields (Cox, 1989). In many instances, patchy crossbedded sandstone units cap and seal these lake successions, and represent an influx of coarser clastic
material derived from the advancement, weathering and
erosion of later Deccan lava fields. These lakes were
eventually over-run during end-Maastrichtian to early
Paleocene times by Wai Subgroup lavas, including the
voluminous Poladpur and Ambenali Formations (chron
29r).
6. North Atlantic Igneous Province (NAIP)
(∼ 62–54 Ma) (Stephen Jones)
The NAIP was emplaced during Paleocene–Eocene
time across an area of several million square kilometres
encompassing NW Europe, Greenland and Canada

(Fig. 7). Radiometric dating in combination with magnetostratigraphy indicates that the NAIP formed in two
main phases (Saunders et al., 1997; Meyer et al., in press).
Phase 1 took place within magnetic chron 26r (Selandian,
∼62–59 Ma) and includes intra-plate magmatism in the
British Isles, SE and W Greenland, Baffin Island and
possibly central E Greenland. Phase 2 began within
magnetic chron 24r (Paleocene/Eocene transition, ∼56.5–
54 Ma) and includes the volcanic passive margins between
NW Europe and Greenland.
NAIP activity was accompanied by both transient
and permanent uplift, and both were on the kilometre
magnitude. A topographic reconstruction of the
region prior to widespread uplift is given in Fig. 4
of Maclennan and Jones (2006). Pre-NAIP elevations
ranged from several kilometres below sea-level to
several kilometres above sea-level. Regional uplift
was recorded by continuous deposition in areas that

Fig. 7. North Atlantic tectonic reconstruction at Paleocene/Eocene boundary, immediately prior to Europe–Greenland break-up. Numbered circles
mark locations of dynamic support estimates in Fig. 8f.
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were originally deep marine environments, and by
erosion in other areas. A large body of detailed work
on NAIP vertical motions is concerned with quantifying permanent uplift and exhumation related to
lower crustal igneous intrusions during both Phases 1
and 2 (Brodie and White, 1994, 1995; Barton and
White, 1997; Rowley and White, 1998; Clift and
Turner, 1998; Clift et al., 1998; Al-Kindi et al., 2003).
Associated transient vertical motions have long been
recognised, and recent efforts have been made to
refine our knowledge of the timing and amplitude of
these uplift events (Stewart, 1987; Milton et al., 1990;
Nadin et al., 1997; Jones et al., 2001; Mackay et al.,
2005). We concentrate here on reviewing the record of
transient surface uplift since it is the easier to relate
directly to mantle processes.
At present, the best records of transient uplift come
from sedimentary basins surrounding the British Isles
(Figs. 7 and 8). These basins contain near-complete
Paleocene–Eocene successions that are among the most
intensively studied in the North Atlantic, following decades
of hydrocarbon exploration. One group of dynamic support
estimates has been determined from backstripped subsidence histories of extensional sedimentary basins. More
detailed histories of relative sea-level change have been
reconstructed from indicators such as the height of delta
foreset clinoforms, the elevation of the delta topsets with
respect to the basin margin, and the relief of subaerially
incised valleys. The British and Irish offshore basins are
ideally situated to record uplift associated with the British
Paleocene Igneous Province (BPIP), part of NAIP Phase 1.
However, we shall see that uplift associated with the BPIP
was minor and localised, while major and widespread
uplift was associated with NAIP Phase 2. Models of mantle
circulation to explain the NAIP have hitherto been based
mainly on the igneous record. The contrast between uplift
responses to the two igneous phases provides important
new constraints on these models.
6.1. Transient uplift associated with NAIP Phase 1
During the Danian and Selandian, prior to and coeval
with igneous Phase 1, delta plain deposits were
restricted to a narrow strip at high elevation along the
basin margins (Shannon et al., 1993; Reynolds, 1994;
Ebdon et al., 1995). These deltaic deposits are often
missing by erosion following major uplift during the
Thanetian. The high elevation and limited areal extent of
Danian–Selandian delta plain deposits imply high
relative sea-level. Most Danian–Selandian sediment is
contained in basin floor fans. Both the accumulation rate
and the proportion of sand in these fans increased into
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the Selandian (Reynolds, 1994; Ebdon et al., 1995;
Jones et al., 2001). Increase in flux of sandy sediment
without a major coeval drop in sea-level in the basins
themselves is best interpreted as a response to localised
uplift of the sediment source region, which includes the
BPIP. The idea of localised uplift is reinforced by the
observation that Selandian sediment accumulation rates
are highest in the Faroe–Shetland Basin, immediately
adjacent to the BPIP, and progressively lower in the
North Sea and Porcupine Basins, each situated further
from the BPIP. Only lower bounds on uplift are
available within the outcrop of the BPIP because uplift
led to denudation. Estimates of depositional water depth
for Upper Cretaceous limestones in Northern Ireland
mean that uplift of at least 400 m is required to explain
the karstic erosion surface developed beneath the
plateau lavas (Jones, 2000). A component of this uplift
was permanent (Brodie and White, 1995; Rowley and
White, 1998). In contrast, basins surrounding the British
Isles suffered uplift of no more than 200 m prior to the
Thanetian, and the greater part of this uplift was
probably transient (Milton et al., 1990; Jones et al.,
2001; Smallwood and Gill, 2002).
6.2. Transient uplift associated with NAIP Phase 2
The greater part of the total Paleocene–Eocene
transient uplift that affected the British Isles occurred
during the Thanetian, prior to and during NAIP Phase 2
(Fig. 8). The main indicators of uplift are that deltaic
deposits stepped progressively outward and downward
into all the surrounding basins, and that the basin
margins underwent sub aerial erosion (Jones and Milton,
1994; Reynolds, 1994; Smallwood and Gill, 2002; Jones
et al., 2001). Simultaneously, sediment flux into all
basins increased (Liu and Galloway, 1997; Jones et al.,
2001), although the sand/mud ratio in the deep-water
sediment fans decreased as the sand component became
trapped in marginal delta complexes (Reynolds, 1994).
Peak uplift occurred just before the Paleocene/Eocene
boundary (55.8 Ma) (Maclennan and Jones, 2006). The
detailed geometries of the deltaic sediments in each basin
provide a detailed uplift record. In the Faroe–Shetland
Basin, heights of the delta foreset clinoforms decreased
from 500 m to 300 m during main part of the Thanetian,
indicating gradual shallowing. During the latest Thanetian, peak uplift caused development of a regional
subareal erosion surface incised by river valleys up
to 200 m deep (Fig. 8a). Transition from 500 m-high
submarine clinoforms to 200 m-deep sub aerial valleys
indicates at least 700 m of transient uplift through the
Thanetian (Fig. 8e). In the North Sea, the delta plain
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stepped downwards into the basin, indicating several
hundred metres of uplift (Fig. 8b). In the Porcupine
Basin, a wedge of sediment prograded rapidly into the
basin during the Late Paleocene (Shannon et al., 1993;

Jones et al., 2001). In SE England, uplift of around 100 m
after deposition of the marine Thanet Sand Formation
during the Late Paleocene lead to development of an
erosional unconformity before deposition of the Upnor
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Formation in coastal conditions close to the Paleocene/
Eocene boundary (Knox, 1998).
Following peak transient uplift close to the Paleocene/Eocene boundary, regional subsidence occurred
through the Early Eocene. In the Faroe–Shetland Basin,
delta top deposits accumulated close to sea-level during
the earliest Ypresian, and middle Ypresian clinoforms
indicate water depths of 250 m. In the northern North
Sea, delta topsets first stepped upward and toward the
basin margin, before aggrading and prograding as water
depths continued to deepen. A similar geometry occurred in the Porcupine Basin, where the increasing
height of Ypresian delta clinoforms indicates several
hundred metres of sea-level rise (Jones et al., 2001).
Sedimentological and biostratigraphical studies of the
onshore section in SE England also record transgression
(Knox, 1998). Eocene subsidence rates were more rapid
than anticipated rates of post-rift thermal subsidence,
and total Eocene subsidence was roughly equal to the
Paleocene uplift in each of these basins, indicating that
subsidence resulted from decay of the Paleocene transient uplift by withdrawal of dynamic support (Nadin
et al., 1997; Jones et al., 2001).
Complementary estimates of transient uplift have
been derived from the subsidence histories of extensional sedimentary basins. The evolution of extensional
basins is well understood (McKenzie, 1978), allowing
the post-rift subsidence history to be predicted when the
syn-rift subsidence history is known. Discrepancy between the observed and model subsidence curves can be
interpreted in terms of regional dynamic support, provided that global sea-level change or significant coeval
plate stretching or shortening can be ruled out. Observed
subsidence curves can be calculated from 1D well sections or 2D interpreted stratigraphic profiles using the
standard backstripping technique. The advantage of the
backstripping method over inferring uplift/subsidence
directly from geological indicators of sea-level change is
that backstripping takes full account of subsidence
caused by sediment accumulation and compaction,
tectonic basin subsidence and global sea-level change.
Published estimates of total Paleocene transient uplift, determined from North Atlantic basins, range from
less than 100 m in the southern North Sea, to 1–2 km in

301

the Rockall Trough (Fig. 8f). These suggest that, at the
time of the Paleocene/Eocene boundary, the region of the
British Isles sat on the southeastern quadrant of a larger
uplifted swell. Information from other basins on the
European, Greenland and Canadian continental margins,
though less detailed and often from incomplete eroded
sections, is compatible with this view. Unconformities
developed in response to Paleocene/Eocene boundary
uplift in the Jeanne d'Arc and Orphan Basins, offshore
Newfoundland (Deptuck et al., 2003), the Vøring Basin,
offshore Norway (Ren et al., 1998) and at Kangerdlugssuaq, East and West Greenland (Clift et al., 1998; Dam
et al., 1998). Simple models of the regional dynamically
supported swell based on the collated uplift estimates in
Fig. 8f can be found in Maclennan and Jones (2006).
6.3. Smaller scale uplift/subsidence cycles
Superimposed on the long-term Paleocene–Early
Eocene uplift-subsidence cycle were a number of uplift/
subsidence phases of shorter duration and smaller amplitude (Mudge and Jones, 2004). The most important single phase of uplift occurred during the latest
Paleocene, immediately before peak uplift at the
Paleocene/Eocene boundary. In the Faroe–Shetland
Basin, the sedimentary architecture shows that 500 m
of permanent uplift occurred during this phase, while
total transient uplift is estimated at 400–900 m using
backstripping (Fig. 8). Hence the latest Paleocene event
accounts for more than half of the total uplift in the
Faroe–Shetland Basin. In the North Sea, comparison
of uplift estimates from sedimentary architecture
(Jones and Milton, 1994) and subsidence analysis
(Nadin et al., 1997; Mackay et al., 2005) suggests the
same conclusion (Jones et al., 2001).
An important characteristic of all the short-term uplift
phases is the short time-interval between onset of uplift and
peak uplift. A good illustration is provided by the
stratigraphy of Northern Ireland, where several tens of
metres of Upper Cretaceous marine limestone was removed by subaerial erosion before extrusion of plateau
lavas belonging to NAIP Phase 1. Assuming reasonable
limestone erosion rates, the time interval between emergence of the limestone surface and eruption of the first

Fig. 8. Examples of stratigraphic data used for measuring uplift around the British Isles. (a) and (b) line drawings of seismic reflection profiles from North
Sea and Faroe–Shetland Basin (after Jones and Milton, 1994; Smallwood and Gill, 2002). Grey shading, delta topset deposits; stippled regions, delta
foreset deposits. Stratigraphy after Mudge and Jones (2004); numbers are ages in m.y. Circles in (a) are shelf-slope breaks used to construct sea-level curve
in (e). Sections located close to 13 and 8, Fig. 7. (c) and (d) backstripped basement subsidence histories from Porcupine Basin and North Sea, located close
to 7 and 13, respectively, on Fig. 1. Circles: observed backstripped subsidence (error bars represent uncertainty in depositional water depth); lines: model
subsidence curve constrained by observed syn-rift subsidence; shaded regions: syn-rift period determined from seismic images of faulting. Data after Jones
and White (2003). (e) Summary of relative sea-level change information derived from (a) and (b). (f) Summary of peak dynamic support estimates from
published backstripping studies (Nadin et al., 1997; Jones et al., 2001; Mackay et al., 2005; Ceramicola et al., 2005).
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basalt flows was less than 1 m.y., and was possibly of the
order of 10 k.y. (Simms, 2000). A short duration is also
estimated for the major phase of latest Paleocene uplift that
preceded peak uplift. The detailed stratigraphic framework
developed for the Faroe–Shetland and North Sea Basins
suggests that, once again, onset of uplift was at most 1 m.y.
and more likely a few 100 k.y. or less before the peak in
uplift (Clift et al., 1998; Mudge and Jones, 2004). More
detailed discussion concerning the rapid timescales of
uplift can be found in Maclennan and Jones (2006).
6.4. Summary of NAIP vertical motions
Several new and important conclusions concerning
the timing and spatial distribution of regional uplift arise
from this summary. Patterns of uplift associated with
Phases 1 and 2 of NAIP activity were different. Uplift
associated with igneous Phase 1 was minor (hundreds of
metres) and was localised within a few hundred
kilometres of the igneous outcrops. Uplift associated
with Phase 2 was several thousand kilometres in
diameter and up to 2 km in amplitude (Ceramicola
et al., 2005). Peak regional uplift occurred just before
the Paleocene/Eocene boundary (55.8 Ma), coeval with
NAIP Phase 2 and continental break-up between NW
Europe and Greenland. It also coincided with the
Paleocene/Eocene rapid and extreme global climate
change event. Higher order uplift/subsidence cycles
were superimposed upon the long-term Paleocene–
Eocene uplift/subsidence cycle. The uplift phase of each
short-term cycle was rapid, probably occurring in less
than 1 m.y. and possibly over a period as short as 10 k.y.
to 100 k.y. (White and Lovell, 1997) These observations
place important constraints on any models for the
underlying mantle-driven mechanisms.
7. Yellowstone Province (∼16–0 Ma) (Ken Pierce
and Lisa Morgan)
Jason Morgan (1972) postulated that the Yellowstone-Snake River Plain volcanism represented a
hotspot track, and Armstrong et al. (1975) showed
that the initiation of rhyolitic volcanism along this
track is systematically younger towards Yellowstone
(Fig. 9). A vigorous debate has ensued as to whether
or not this volcanic progression results from a mantle
plume beneath the southwest-moving North American plate. For pro-plume arguments, the reader is
referred to Suppe et al. (1975), Anders et al. (1989),
Westaway (1989), Pierce and Morgan (1992), Smith
and Braile (1993), Camp (1995), Takahahshi et al.
(1998), Pierce et al. (2002), Camp and Ross (2004),

Morgan et al. (2005) and Hooper et al. (in press). For
non-plume arguments, see Hamilton (2003), Humphreys et al. (2000) and Christiansen et al. (2002).
Recently, two seismic tomography studies identified
a low-velocity mantle anomaly, considered to be a
thermal plume, inclined to the northwest from Yellowstone at ∼ 20° from vertical and extending to a depth of
about 500 km (Yuan and Dueker, 2005; Waite et al.,
2006). A relation may exist between the inferred plume
and the asymmetric pattern of faulting, uplift, and recent
basaltic volcanism. The pattern of faulting and uplift
associated with the Yellowstone hotspot track (Fig. 10)
flares outward ∼ 1.6 times farther to the south than to the
north (Pierce and Morgan, 2005). Both this asymmetry
and the southeast upward rise of the Yellowstone plume
might be explained by upper mantle flow as modeled to
the east (Steinberger, 2000) or most concordantly to the
southeast (Berkeley model, Bernhard Steinberger,
written comm., 2005). Upward leakage from an inclined
plume might also be responsible for the concentration of
basaltic vents, basaltic rifts zones, and still-active faults
along the northern part of the hotspot track.
Geologic interpretation of the continental setting of
the Yellowstone-Snake River Plain volcanic province is
complicated by a long history of deformation, erosion,
and sedimentation. The later part of this geologic history
includes compressional tectonics of both the Sevier (late
Mesozoic) and Laramide orogenies (Cretaceous–Neogene). A local change to extensional graben formation
and andesitic volcanism occurred north of the hotspot
track in Eocene time (Janecke et al., 1997). For the
larger Rocky Mountain region, sediment accumulation
indicates basin subsidence from about 35 Ma to between
8 and 4 Ma, followed by Rocky Mountain “Plateau”
uplift and incision (McMillan et al., 2006). West of the
Rocky Mountains, modern Basin-and-Range tectonics
was underway by ∼ 15 Ma in mid-Miocene time, with
east-west extension creating north-trending basins and
ranges (Christiansen and Yeats, 1992).
The Yellowstone hotspot created a volcanic track that
started in the central part of the Basin and Range, and
progressed 700 km northeast to the present-day Yellowstone Plateau (Fig. 9). The start of the track at about 16 Ma
is characterized by extensive and widespread rhyolitic
volcanism in the central and southern part of the Basin and
Range and coeval basaltic volcanism associated with the
Columbia River Basalt and similar flood basalt provinces
in Oregon and California (Fig. 9). About 95% of the
estimated volume of 220,000 km3 of Columbia River and
Oregon Plateau basalts were erupted within a 2 m.y.
interval (Carson and Hart, 1988; Tolan et al., 1989; Baksi,
1990). The CRB and related basalts were emplaced
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through thin Mesozoic oceanic crust, whereas the 14–
17 Ma rhyolites of the hotspot track were generated above
thicker and more silicic crust (Draper, 1991; Pierce et al.,
2002; Camp and Ross, 2004). The basalt versus rhyolite
dichotomy can be attributed to these contrasting crustal
compositions that are delineated by the 87Sr/86Sr 0.706
and 0.704 contours (Fig. 9).
The continuity of the Yellowstone hotspot track
from its present position at Yellowstone back in time
to an apparent start with extensive volcanism in
Nevada, Oregon, and Washington conforms to the
plume head/plume tail model proposed by Richards
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et al. (1989). A voluminous plume head that pancaked
outward to a radius of 500–1000 km at the base of the
North American plate has been invoked to explain the
initial large area of volcanism (Pierce and Morgan,
1990; Draper, 1991; Pierce and Morgan, 1992; Camp,
1995; Takahahshi et al., 1998; Pierce et al., 2002;
Camp and Ross, 2004; Jordan et al., 2004). Later
volcanism was much more restricted and aligned along
the hotspot track (Fig. 9), possibly because the
magmatism was associated with a narrow plume ‘tail’.
The 16–14 Ma basaltic and rhyolitic volcanism
associated with the inferred plume head is distributed

Fig. 9. Map of the western United States showing the track of the Yellowstone hotspot (after Pierce and Morgan, 1992). The track starts ∼ 16 Ma with
widespread volcanism inferred to result from a plume head rising beneath the North American Plate. Such a plume head produced flood basalts to the
north overlapping with rhyolites to the south associated respectively with Mesozoic oceanic crust and a Palaeozoic and older crust. Later, hotspot
volcanism forms a narrow, focused track with volcanic fields starting at 10.2 Ma, 6.65, and 2.05 Ma. These fields progress north 55°E at 29 km per
million years (not adjusted for tectonic extension), and are inferred to represent a plume tail phase.
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over a large area (Fig. 9). In contrast, the 10 Ma and
younger rhyolitic fields form a linear progression
attributed to a plume tail leaving a track migrating N

55° E at about 29 km/m.y. that creates the well-defined
90-km-wide topographic trench of the eastern Snake
River Plain.

Fig. 10. Map of 10 Ma and younger part of the Yellowstone hotspot track (from Pierce and Morgan, 1992). Volcanic fields become younger to the
northeast at a rate similar to the southwesterly-motion of the North American Plate. Late Cenozoic faults (black lines) are subdivided by recency of
activity and range-front relief, the heavier lines being the most active. Faulting is subdivided into belts I, II, III, and IV, and that are separated by opencircle lines. The Yellowstone crescent of high terrain is outlined by the continuous grey line, and the axis of the crescent is indicated by the dashed
grey line. Inset map shows geoid of the western U.S. (Milbert, 1991).
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7.1. The key evidence for uplift
Several observations are well explained by plumerelated uplift. The Yellowstone area stands high on
the western North American plate and supports the
Continental Divide. The axis of the Yellowstone
Crescent of High Terrain, outlined by the wide grey
line in Fig. 10, flares out in a “bow wave”-like pattern
outward from the northeast progression of hotspot
volcanism. This Crescent forms an arc that crests ahead
(NE) of the youngest volcanism of the hotspot track.
High mountain areas in this Crescent near the east
boundary of Yellowstone National Park are formed of
weakly consolidated, erodible bedrock of the Eocene
Absaroka Volcanic Supergroup. There, a gently rolling
upland above treeline is sharply incised by steep valleys
a kilometre deep. Prior to the cutting of the modern
canyons, 3.5-Ma basalt was erupted onto this surface.
This incision can be explained by ongoing rock uplift
(Pierce and Morgan, 1992). Additional evidence for
young uplift and incision can be seen along the southeast and northwest part of the Crescent near the borders
of Yellowstone National Park, where readily erodible
bedrock of Mesozoic shales and sandstones form high
mountains (Pierce and Morgan, 1992). Smith and Braile
(1993) conclude that a 650 m topographic transient high
centres on Yellowstone.
The highest part of the geoid in the United States
coincides with the present position of the Yellowstone
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hotspot (Fig. 10, inset map). This US geoid culmination
on Yellowstone contrasts with both the US Bouguer
gravity and topography that culminate in western
Colorado, with Yellowstone having a lesser anomaly.
“Geoid anomalies reveal deep isostatic compensation.
The geoid height of an isostatically compensated region
is proportional to the elevation times the depth of compensation. The Bouguer gravity anomaly of a broad
feature is proportional to elevation.” (Norman Sleep,
written commun., 2006). No geologic process other than
the Yellowstone plume explains the geoid anomaly
centered on Yellowstone, and explanation of this anomaly
favours a young, deep, ongoing process beneath Yellowstone. Lowry et al. (2000) conclude that “The largest
of the significant dynamic elevation anomalies [in the
western U.S.] is consistent with that predicted by numerical modelling of the Yellowstone hotspot swell.”
Molnar and England (1990a,b) present substantial
arguments that late Cenozoic incision results from iceage climates rather than non-isostatic uplift. Molnar
and England (1990a) examine the geophysical basis
of uplift and question ongoing rapid uplift distinct
from isostatic uplift associated with accelerated erosion. However, if mantle plumes exist, then a real,
deep-seated uplift process may exist (Şengör, 2001;
Pierce et al., 2002).
Two well-dated Quaternary terraces along the Wind
River in Wyoming, approximately 200 km SE of
Yellowstone, indicate tilting away from the Yellowstone

Fig. 11. Profiles of two dated terraces along the Wind River south of Yellowstone that diverge upstream towards the Yellowstone hotspot (after
Jaworowski, 1994). Over a distance of 90 km towards Yellowstone, the higher, 0.5 m.y.-older terrace increases in height above a lower terrace by
30 m compatible with uplift associated with the Yellowstone hotspot.
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area (Figs. 10 and 11). Over a distance of 90 km, a 640k.y. terrace increases 30 m more in height towards
Yellowstone than does a 150-k.y. terrace. Lava Creek
ash dates the 640-k.y. terrace (Jaworowski, 1994) and
the 150-k.y. terrace is dated by U-series ages (Sharp
et al., 2003). These two terraces thus span an interval of
∼ 0.5 m.y. Such tilting across a geoid anomaly with an
inferred uplift radius of 200 km (Fig. 10, inset) yields
an uplift longevity of ∼8 m.y. (200 km at the North
American plate rate of 25 km/m.y.). Assuming a
straight-lever geometry of uplift, these dimensions
compute to ∼ 1000 m total hotspot uplift (30 m × 16
{8 m.y./0.5 m.y.} × 2.2 {200 km/90 km} = 1056 m). A
kilometre of uplift over 8 m.y. yields an uplift rate of
∼ 0.13 mm/yr.
East of Yellowstone, terraces in the Bighorn Basin are
tilted away from Yellowstone such that streams flowing
away from the Yellowstone have terraces that diverge
upstream (to the west), whereas streams flowing towards
Yellowstone have terraces that converge upstream (to the
east) (Pierce and Morgan, 1992). Migration patterns of
streams in the Bighorn Basin east of Yellowstone on the
leading margin of hotspot deformation form terrace flights
that step down eastward in a manner which is consistent
with tilting away from Yellowstone (Pierce and Morgan,
1992). In addition, adjacent terrace profiles on Rock
Creek on the northeastern edge of Yellowstone (Fig. 10)
show a downstream convergence/divergence pattern
indicating that through time the location of convergence/divergence has migrated away from Yellowstone
(Pierce and Morgan, 1992).
Contrasts in the relative extent of glaciers at about
140 ka and 20 ka in the region are consistent with uplift
on the leading margin of the Yellowstone Crescent
of High Terrain and subsidence on the trailing margin
(Fig. 10) (Pierce and Morgan, 1992). On the trailing
margin, 140-ka moraines extend way beyond 20-ka
moraines. On the leading, uplifting slope of the Crescent
of High Terrain, the ratio of the length of last glaciation
to penultimate glaciation estimated using glacier length
and snowline change, yields an uplift rate of ∼ 0.15 to
∼ 0.4 mm/yr (Pierce and Morgan, 1992).
Mapping by Christiansen (2001) of the 2.05-Ma
Huckleberry Ridge Tuff shows that near the crest of the
Yellowstone Crescent of High Terrain, the ignimbrite
occurs 500 m to 1000 m above the altitude of its source
caldera (Pierce and Morgan, 1992). These high
exposures of 2.05-Ma ignimbrite to the north and east
of its source caldera indicate uplift on the leading
northern and eastern margin of the hotspot, in contrast to
exposures of the ignimbrite to the south and west where
it is at similar altitudes as the source caldera.

7.2. Timing of uplift, in relation to the timing of any
rifting and magmatism
The leading margin of the Yellowstone Crescent of
High Terrain is 100 km northeast of, and in advance of, the
progression of hotspot magmatism. Similarly, the geoid
anomaly has an outer margin 200–250 km northeast of
and in advance of Yellowstone volcanism (Fig. 10).
Quaternary basaltic magmatism of the eastern Snake
River Plain occurs on rifts trending at a high angle to the
margins of the plain and the hotspot track (Fig. 10).
Additionally, extensional faulting of Basin and Range
mountains adjacent to the hotspot track is also at a high
angle to the track (Fig. 10; Pierce and Morgan, 1992; Waite
and Smith, 2002). This extension direction is at nearly
right angles to that expected if the eastern Snake River
Plain were a rift zone, as suggested by Hamilton (2003).
The belt of faulting that extends south from the
Yellowstone Plateau is restricted to the inner subsiding
slope of the Yellowstone Crescent of High Terrain
(Fig. 10), consistent with gravity-driven extension on the
inner slope. In contrast, faulting is absent or minor
farther east, consistent with compression (or nonextension) as the North American plate moves S55°W
over the hump represented by the geoid high. The
Continental Divide appears to have migrated northeastward in conjunction with movement of the Yellowstone
hotspot (Pierce et al., 2002) in part based on mollusc
biogeography (Taylor and Bright, 1987) and Miocene
drainage basins (Wood and Clemens, 2002).
For the Columbia River flood basalts, northward
offlap of basalt units with time is shown by Camp
(1995) to reflect south to north migration of uplift, with
local uplift rates of about 2 to 3 mm/year. Other indicators of uplift in this inferred plume head area include
leaf-morphology studies and orographic precipitation
patterns as summarized by Pierce et al. (2002).
7.3. The scale and extent of the uplift
The hotspot track is 700 km long and started about at
16 Ma. We propose that the horizontal scale of the
Yellowstone hotspot disturbance, as described by its
identifying surficial processes of volcanism, faulting,
and uplift, is driven by processes of compatible scale at
depth. At the start of the hotspot track ∼16–14 Ma,
combined flood-basalt volcanism and rhyolitic volcanism is extensive over a north-south distance of more
than 900 km (Pierce et al., 2002, Figs. 1 and 5).
For the modern Yellowstone hotspot, some horizontal dimensions are: (1) the Crescent of High Terrain is
∼ 400 km across, (2) the belts of faulting west and south
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of the Yellowstone flare outward to ∼ 400 km, measured
perpendicular to the hotspot track, and (3) the geoid
anomaly, measured perpendicular to the hotspot track, is
∼ 700 km across. Surface uplift of roughly a kilometre is
associated with the current Yellowstone hotspot. The
tilting of the Wind River terraces extrapolates to about
1 km of uplift over the last ∼ 8 m.y or an uplift rate of
∼ 0.1 mm/yr. The 2.05-Ma Huckleberry Ridge Tuff
occurs 500 m to 1,000 m higher near the crest of the
Crescent of High Terrain than it is at its source. Glacier
length ratios on the leading half of the Crescent of High
Terrain indicate uplift rates of ∼0.15 to ∼0.4 mm/yr
(Pierce and Morgan, 1992). Thus, the hotspot history
indicates a sustained, large-scale process on a scale
of many hundreds of km across at the surface and
comparable scale at depth, that has been active over the
last 16 m.y.
8. Discussion
All five LIP case studies presented here are associated
with surface uplift. In this section, we first summarise the
most important observations of uplift, rifting and
magmatism from individual provinces. One interesting
aspect of this comparison is the wide variation in
preservation of the uplift signal in the geological record.
This variation results from interplay between spatially
varying pre-uplift palaeogeography and spatially varying
transient surface uplift. We then discuss problems with
both non-plume and plume models using examples from
the five case studies. There are major problems with nonplume models, but there are also problems with some
starting-plume models.
8.1. Key points from individual provinces
The Emeishan Province provides the best opportunity to test whether accompanying surface uplift had a
roughly circular planform and domal cross-section, as
predicted by some starting plume models. Surface uplift
is interpreted from erosion of limestones that underlie the
basalts, which comprise a regionally extensive record
despite incomplete preservation of the LIP itself. The
erosional record can be interpreted directly in terms of
uplift because a broad, shallow water carbonate platform
covered the area prior to LIP emplacement, so that preuplift topography and sediment accumulation are well
constrained. Stratigraphic thinning and the isopachs of
the Maokou Formation outline a subcircular region
(Fig. 1), strongly indicating that long-wavelength (about
1600 km in diameter) domal uplift occurred before the
eruption of the Emeishan basalts. Detailed biostratigra-
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phy established for the limestones shows that uplift began
less than 2.5 m.y. before the eruption of the basalts.
A component of the rapid, pre-volcanic domal surface
uplift was transient and probably represents dynamic
support. However, persistent crustal elevation in the
“Chuandian old land” (at the centre of the eroded region)
over at least 45 m.y. implies permanent surface uplift that
is more easily explained by magmatic underplating of
the crust. Supporting evidence for magmatic underplating in the Emeishan LIP comes from recent seismic
tomographic data, which reveal a high velocity lower
crust (Vp = 7.1–7.8 km/s) about 20 km thick in the west
Yangtze Craton (Liu et al., 2001). This high velocity
lower crust likely represents emplacement of picritic
magmas at the crust-mantle boundary (Xu et al., 2003,
2004) due to the density contrast between primary
magmas and crust (Cox, 1980).
The amount and extent of surface uplift associated
with Siberian Trap magmatism are far less clear.
Because large parts of the Trap region are deeply buried
beneath the West Siberian Basin, it is not yet possible to
map erosion or surface uplift across the entire province,
as it is in the Emeishan and North Atlantic Provinces.
On the Siberian craton, where the sedimentary record is
most complete, there is little evidence for either prevolcanic or syn-volcanic uplift and erosion, and indeed
there may even have been slight subsidence in some
locations during these periods (Czamanske et al., 1998).
However, the sedimentary sequences on the thick, stable
craton do not provide the full picture. The absence of
Permian strata beneath large tracts of the West Siberian
Basin suggests that significant pre-volcanic uplift may
have occurred there, although the magnitude and
detailed timing are not yet constrained.
The West Siberian Basin and Khatanga Trough
appear to have formed by rifting. Rifting probably
began before magmatism and certainly continued after
the traps had been emplaced. Rifting may have
controlled the eruption sites of the basalts, but it is not
clear whether rifting alone triggered magma formation or
whether rifting-related decompression alone can account
for the observed volume and composition of basalt. On
one hand, a wideangle seismic profile shows that the
crust immediately adjacent to the Siberian Craton was
thinned by a factor of 3 to 4, and images a high velocity
crustal body that could represent igneous underplating
following decompressional melting (Pavlenkova et al.,
2002). This rifting might explain the volume of Siberian
Traps magmatism, provided that the duration of rifting
was less than a few million years and the asthenosphere
was at least 100 °C hotter than normal (Bown and White,
1995). On the other hand, stretching estimates from
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subsidence analyses from other parts of the basin are too
small to generate enough shallow decompressional
melting (Saunders et al., 2005). With these uncertainties,
it is not yet possible to state unequivocally that a mantle
plume was involved in the formation of the Siberian
Traps. However, given the large energy requirements for
the formation of the basalts, a plume model still seems
the most plausible working hypothesis.
The regional structural configuration in the Deccan
Province is similar to that of the Siberian Traps, in that
the basalts cover both a cratonic platform (the Indian
subcontinent) and are also found in an adjacent offshore
rift basin related to continental break-up between India
and the Seychelles microcontinent. In the Deccan, the
sediment–basalt contact records widespread regional
uplift and erosion of the Indian Platform, whereas little
uplift affected the Siberian Craton. High velocity lower
crustal bodies in the offshore part of the Deccan
province, and seaward-dipping reflectors on the Seychelles conjugate margin, have been interpreted as synrift intrusive and extrusive igneous activity respectively
(Coffin and Eldholm, 1994; Collier et al., 2004, 2005),
and thus confirm a link between LIP magmatism and
rifting. However, since the main phase of coast parallel
dyke emplacement along the Indian margin post-dates
much of the main (chron 29r) Deccan succession, the
main phase of lithosphere extension must have occurred
late in the eruptive episode. Final continental separation
between India and the Seychelles did not occur until
mid chron 27–28 time (64–62 Ma) (Todal and Eldholm,
1998; Collier et al., 2004, 2005), some 1 to 2 m.y. after
the main pulse of Decan LIP activity; onshore, relatively
minor rifting and dyke emplacement (Widdowson et al.,
2000) continued until this time.
Detailed mapping of the Deccan sediment–basalt
contact, and the palaeosurfaces on basalt flows, show
how the location of magmatism and erosion migrated
southward through time. Subsidence histories of
sedimentary basins offshore west and east of India
indicate that a component of the surface uplift was both
widespread and transient. Interpretation of sedimentary
successions in both offshore and onshore basins show
that regional regression caused by this transient uplift
began in the Late Cretaceous, prior to the onset of
magmatism. However, biostratigraphic control on the
timing of Deccan uplift is generally not as good as for
Emeishan and North Atlantic Provinces. Permanent
uplift is also found along the Western Ghats escarpment,
firstly as a result of magmatic underplating and secondly
by isostatic adjustment caused by scarp recession and
the associated erosion and by deposition across the
thinned continental margin.

The North Atlantic Igneous Province provides a clear
example of how the sedimentological response to
regional transient surface uplift depends critically on
palaeogeography. Because the NAIP was emplaced
across a mosaic of basement blocks and sedimentary
basins of varying age and water depths, surface uplift
was recorded by a continuous sedimentary succession in
some areas and by an erosionsal unconformity in others.
This variability is well seen in the British Paleocene
Igneous Province and surrounding regions. In Northern
Ireland, a Paleocene continental flood basalt succession
overlies Cretaceous limestones with an erosional
unconformity. It not possible to obtain an accurate
estimate of the amplitude of driving uplift from this
region because erosion has occurred, and the timing of
uplift can only be inferred by making assumptions about
limestone denudation rates, similar to the Emeishan
case. In contrast, the amplitude and timing of uplift can
be measured in detail from continuous sedimentary
successions in the surrounding offshore basins. Importantly, the quality and quantity of these data are high
because of extensive hydrocarbon exploration. Probably
one of the most important results is that more than half
of the total transient regional kilometre-scale uplift grew
in much less than 1 m.y., immediately before the
Paleocene/Eocene Thermal Maximum global climate
change event. Another interesting observation is that the
NAIP was not associated with growth and decay of a
single domal swell. Instead, surface uplift occurred in
several discrete events, with Phase 1 magmatism
associated with minor uplift localised around igneous
centres, and Phase 2 magmatism associated with
widespread, kilometre-scale uplift. In principle, such
detailed uplift histories might be extracted from other
provinces. For example, subsidence anomalies indicative of transient uplift similar to those seen in the North
Atlantic have been noted in several offshore sedimentary basins adjacent to the Deccan Province (Halkett
et al., 2001; Halkett, 2002), but the quantity and quality
of the published data mean that it is not yet possible to
confirm whether or not the uplift occurred on the same
rapid timescales and spatial patterns. These examples
highlight the importance of studying adjacent continuous sedimentary successions in addition to examining
erosional contacts at the bases of continental flood basalt
successions.
Several lines of evidence indicate that a mantle
plume can explain the volcanic, faulting, and uplift
histories associated with the 700-km long, 16 m.y. track
of the Yellowstone igneous system. Features include: (1)
uplift documented to occur in advance (northeast) of the
progression of rhyolitic, caldera-forming volcanism; (2)

A.D. Saunders et al. / Chemical Geology 241 (2007) 282–318

the Yellowstone Crescent of High Terrain is several
hundred kilometres across; (3) northeastward progression of volcanism; (4) the change of type and
distribution of volcanism, from the widespread activity
at about 16 Ma in the oldest part of the Snake River
Plain–Yellowstone volcanic province (plume head), to
the spatially restricted volcanism in the eastern Snake
River Plain at ∼10 Ma, to the present linear 50- to 90km-wide track (plume tail); (5) the 10- to 2-Ma volcanic
track which is coincident in both direction and rate with
North American plate motion; (6) the patterns of bands
of faulting that extend south and west from Yellowstone
(Pierce and Morgan, 1992); and (7) the highest rates of
faulting are seen to migrate northeastwards with the
onset of hotspot magmatism (Anders, 1994). The
mechanism of uplift associated with a thermal plume
head or tail does provide a driving process below the
lithosphere to explain epeirogenic-type uplift. Palaeobotanical studies suggest the Basin and Range of
Nevada was as much as one kilometre higher than
present (Wolfe et al., 1997) in mid-Miocene time in the
inferred plume head area (Fig. 9; Pierce et al., 2002).
Elsewhere, Molnar and England (1990a) examined the
geophysical basis of uplift and question evidence
suggesting true uplift as distinct from isostatic uplift
associated with erosion. Other researchers considering
the origin of the Snake River Plain–Yellowstone Plateau
volcanic province have invoked non-plume models.
These are discussed by Pierce and Morgan (1992) and
Pierce et al. (2002), who conclude that none of these
models take into account all of the features which must
be considered. Most of the Yellowstone hotspot track is
associated with uplift above a plume tail, although the
widespread onset of magmatism around 16 Ma can be
directly compared with the uplift observations from
the other four igneous provinces described in this paper,
and involving uplift above an exanding plume head
(Camp and Ross, 2004; Hooper et al., in press).
8.2. Problems with non-plume models
In this section, we highlight examples in which
alternatives to a starting plume head model introduced in
Section 2.2 fail to explain observations of surface uplift.
In the hotcell model, an upper mantle convection cell
develops by incubation to give hotter mantle beneath a
craton (Anderson et al., 1992; King and Anderson,
1998). Incubation occurs too slowly to explain growth
of hundreds of metres of surface uplift within much less
than a few million years observed in the North Atlantic
and Emeishan provinces. In the North Atlantic Province,
kilometre-scale uplift occurred hundreds of kilometres
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distant from the Greenland craton, where the hotcell
model predicts the downwelling limb of the convection
cell should exist (King and Anderson, 1998).
Edge-driven convection models predict that uplift
should occur in a linear zone parallel to the lithospheric
step that drives the convection. A potential present-day
example of edge-driven convection occurs around the
margins of southern Africa (King and Ritsema, 2000).
There, a linear belt of high topography a few hundred
km wide (associated with the Great Escarpment)
parallels the lithospheric edge, a corresponding positive
long-wavelength free-air gravity anomaly implies dynamic support, and seismic tomographic images can be
interpreted in terms of a small-scale convective cell
related to the continent/ocean boundary. There is no
modern LIP in southern Africa. Moreover, denudational
models, and associated thermochronometric data have
been usefully employed to explain the escarpment
topographies of southern Africa (Gilchrist and Summerfield, 1990; Brown et al., 2000). In contrast, transient
surface uplift associated with both the North Atlantic
and Deccan provinces was well over 1000 km in radius.
In the North Atlantic, significant surface uplift occurred
around the British Isles, about 1000 km from the
Europe/Greenland break-up zone and the margin of the
Greenland craton. In the Deccan province, surface uplift
occurred onshore and also offshore both west and east of
India, and was clearly not specifically associated with
craton or continent/ocean boundaries.
The North Atlantic and Deccan Provinces are both
related to continental break-up. It has been suggested
that volcanic passive margins such as those observed in
both provinces can be generated by rifting above normal
temperature mantle, i.e. without a plume head (Mutter
et al., 1988; van Wijk et al., 2001). In these models, the
active upwelling required to increase melting is driven
by small-scale edge-driven convection cells within a
narrow rift, enhanced by melt extraction buoyancy. In the
North Atlantic, these models cannot explain the British
Province, which is situated hundreds of kilometres from
the Europe/Greenland break-up zone and was active
several m.y. prior onset of rifting leading to break-up, nor
the West Greenland Province, which is adjacent to a nonvolcanic passive margin (Nielsen et al., 2002). These
models cannot easily explain continuing hotspot activity
at Iceland today, either (Meyer et al., in press). In the
Deccan province, continental separation and associated
seafloor spreading occurred after the main igneous
activity. Moreover, neither can such small-scale convection models explain widespread transient uplift up to
about 1000 km inboard of the continental margins observed in both the North Atlantic and Deccan Provinces.
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In the North Atlantic, continental separation and Phase 2
igneous activity were roughly contemporaneous, but it is
not possible to appeal to flexural support of the flanks of
the new oceanic rift to explain the widespread uplift
because the effective elastic thickness of the lithosphere
is too low. For example, the effective elastic thickness
of the NW European margin is less than 10 km (Fowler
and McKenzie, 1989; Tiley et al., 2003). In general,
therefore, it is more likely that any small-scale convection related to continental break-up zone acts in
addition to, not instead of, a starting plume head to form
volcanic margins, as suggested by Keen and Boutilier
(2000).
8.3. Problems with starting plume models
It is very difficult to explain voluminous shallow
mantle melting and associated widespread kilometrescale uplift in the igneous provinces discussed here
without invoking high mantle temperatures, and the high
temperature mantle must be rapidly emplaced in order to
explain the rapid onset of uplift and the high flux rates of
magma production. These arguments strongly support
some form of starting plume head model. However,
published variants on the general starting plume head
model fail to account for the details of the uplift
observations. The rapid growth of dynamic support in
the North Atlantic and Emeishan Provinces argues
against large-diameter (∼ 1000 km) diapiric plume
heads envisioned by Griffiths and Campbell (1991). A
mantle viscosity of 1019 Pas or less is required to achieve
the observed uplift timescales of 1 m.y or less. Such low
viscosities have been inferred for the asthenosphere, but
the rise speed of a 1000 km diameter diapir should be
governed by the viscosity of the deeper mantle, because
the asthenosphere is only about 100 km thick. It is likely
that most of the mantle has a viscosity in the range 1020
to 1022 Pas (Forte and Mitrovica, 2001) and, therefore, it
is doubtful that a 1000-km-diameter diapir can rise fast
enough to explain the observed uplift rates.
Starting plume models that involve upwelling within
a narrow conduit and predominantly lateral flow within
the asthenosphere can reproduce the short timescales of
uplift using more realistic mantle properties. Numerical
simulations of starting plumes, using a non-Newtonian
rheology appropriate for disclocation creep within the
asthenosphere, exhibit mantle flow speeds of up to
10 m/yr (Larsen et al., 1999). This sort of model
probably has the best potential to satisfy the observations of rapidly inflating transient swells. However, in
the North Atlantic example, where detailed information
on the time-dependent behaviour of the uplift swell is

available, the details have yet to be worked out
satisfactorily. For example, Sleep (1997), Saunders
et al. (1997) and Larsen and Saunders (1998) suggested
that a single starting plume welled up in the vicinity of
Greenland at 61 Ma. Hot mantle spread rapidly within
the asthenosphere, so that it lay beneath the entire region
from Baffin Island to the British Isles within less than
1 m.y. to generate NAIP Phase 1. The hot layer remained
beneath the plate for about 5 m.y. until continental
separation, when it was consumed in the production of
oceanic lithosphere and generated NAIP Phase 2. This
scenario involving a single phase of upwelling is
incompatible with the observations of limited regional
uplift during the Middle Paleocene and sudden onset of
widespread uplift during the Late Paleocene. It is likely
that multiple phases of mantle upwelling are required to
explain the distinct phases of uplift and igneous activity.
The chemical compositions of many continental
flood basalts show that melting occurred to depths as
shallow as about 50 km. Lithospheric thinning is
required, but there is a long-standing debate over
whether thinning is achieved by rifting or by thermomechanical erosion of the base of the lithosphere during
plume emplacement. One possible solution is that the
impingement of the plume on the base of the lithosphere
remobilises the lithosphere. Thermal rejuvenation by
conduction of heat (Detrick and Crough, 1978; Crough,
1978) is unlikely to explain the cases we discuss here
because the transient uplift is to rapid. White and
McKenzie (1995) reviewed lithospheric erosion processes (including mechanical erosion and convective
instabilities: e.g., Spohn and Schubert, 1982; Liu and
Chase, 1989), and concluded that whilst emplacement
of a plume head can rapidly remove the lower thermal
boundary layer component of the lithosphere, the upper
mechanical boundary layer (perhaps the upper 75% of
the plate) can only be thinned slowly as heat is
conducted into it.
Tanton and Hager (2000), Şengör (2001) and ElkinsTanton (2005) have emphasised the importance of
lithosphere/asthenosphere density and viscosity contrasts in order to explain removal of the mechanically
strong lithosphere by gravitational instability. Emplacement of hot, low-density mantle on the base of the
lithosphere may trigger downward flow of the overlying
higher density lithosphere, and its rapid replacement by
plume mantle (Şengör, 2001; Elkins-Tanton, 2005).
However, in order to develop the necessary density
contrast for delamination to occur, it is likely that the
lithosphere (or crust) needs to be partially replaced with
dense eclogite (Tanton and Hager, 2000). Solidification
of melt to form eclogite would also supply heat to the
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mechanically strong lithosphere, thereby reducing its
viscosity and further promoting delamintation. In this
scenario, the key factor is probably whether sufficient
melt can pond at mid-lithospheric depths to form
eclogite.
In the models of Burov and Guillou-Frottier (2005),
delamination occurs without recourse to replacement of
lithosphere with eclogite because of coupling between the
lithosphere and the plume head. However, there is a lack
of evidence for the spatially complex patterns of uplift that
are also predicted by this model suggests that this
mechanism of delamination is unlikely to occur naturally.
The most obvious way that geological observations
can be used directly to decide between rifting and plumerelated erosion or delamination is by constraining the
degree of rifting associated with each LIP. The rifting
history for the previous hundred m.y. is also required in
order to establish the contemporary thickness of the
mechanical boundary layer by thermal modelling.
Of the five provinces discussed herein, the best
information on the previous rifting history is available
in the British Paleocene Igneous Province, part of Phase 1
of the North Atlantic Province. Rare earth element
distributions show that the top of the melting region was
about 70 km (Brodie and White, 1994, 1995; White and
McKenzie, 1995) but there was no significant rifting
coeval with British Province emplacement, so thinning
must have been achieved by lithospheric erosion. The
British Province was emplaced within the Sea of the
Hebrides Trough, which formed by modest rifting (total
strain less than 2) in the Jurssasic (Rowley and White,
1998; Emeleus and Bell, 2005). The adjacent Faroe–
Shetland basin underwent greater stretching (total strain
more than 2) during the Cretaceous. It is possible that the
mechanically strong part of the lithosphere was thinned
from a standard thickness of about 100 km to about 70 km
during these rifting events, and that the underlying weaker
lithosphere was rapidly removed by convective instabilities during emplacement of the hot mantle to form the
BPIP (Brodie and White, 1994, 1995).
The Emeishan Province has previously been interpreted to be associated with rifting, but the role of rifting
is now debated (He et al., 2003). In the Siberian
Province, melting depths as shallow as 40 km must be
explained (White and McKenzie, 1995; Reichow et al.,
2005). Widespread rifting within the West Siberian
Basin with total strain of 1.5–2 (Saunders et al., 2005)
might not be sufficient to explain thinning of the
mechanically strong lithosphere from about 100 km to
40 km. Localised more intense rifting (total strain 3–4)
is inferred from a deep seismic profile but the age of this
rifting is not directly constrained (Pavlenkova et al.,
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2002; Saunders et al., 2005). Hence the weak lithospheric thermal boundary layer must have been completely removed during emplacement of a plume head,
and it is possibly the case that part of the mechanical
boundary layer was also weakened and removed, as
envisaged by Tanton and Hager (2000), and ElkinsTanton (2005).
It is interesting to speculate that the location of
continental LIPs (generally close to cratons) is not a
function of edge-driven convection (e.g., King and
Anderson, 1998), but rather is a function of the interplay
between hot plume mantle and the density of the overlying lithosphere. Cratonic, low-density mantle lithosphere could retain its buoyancy even above a plume,
whereas younger lithosphere, associated with ancient
mobile belts or accretionary terranes, may have a denser
mantle root which is inherently less stable and more
likely to delaminate into the underlying plume.
Delamination above a plume may also serve to explain
rapid transient pulses of uplift and subsidence over and
above the effects of plume emplacement (Şengör, 2001;
Elkins-Tanton, 2005).
9. Conclusions
1. All of the five magmatic provinces presented in this
paper exhibit surface uplift. In the cases of Deccan,
North Atlantic and Emeishan the uplift had both
transient and permanent components. For Yellowstone, both the earlier flood basalt province and the
later hotspot track are associated with transient
surface uplift.
2. Widespread transient surface uplift associated with
LIP emplacement is best interpreted as dynamic
support in response to mantle convection. Interpretation of permanent isostatic surface uplift related to
LIP magmatism is more difficult to interpret directly
in terms of mantle convection, unless the mantle
source composition, melting and melt transport
processes can be constrained.
3. Onset of regional surface uplift preceded magmatism
in all five provinces. Biostratigraphic resolution in
the sediments that record uplift is best in the North
Atlantic and Emeishan Provinces, where onset of
significant uplift occurred less than 1 and 2.5 m.y.,
respectively, before onset of magmatism.
4. The geological record of regional surface uplift
depends on pre-uplift palaeogeography, and is also
related to pre-existing lithospheric thickness, as well
as to the spatial and temporal pattern of uplift. Whilst
the LIPs presented here are all associated with
regional surface uplift, details of how this signal is
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preserved in the erosional or depositional records are
unique to each LIP.
Rapid onset of widespread transient surface uplift is
not easily explained by ‘top-down’ mantle convection models involving hotcell incubation beneath
cratons and/or small-scale convection cells adjacent
to steps in the base of the lithosphere.
Whilst the general concept of anomalously hot mantle
upwelling in a starting plume head can best account for
rapid onset of transient regional uplift, published
variants on the staring plume model do not explain
details of the observations. It is unlikely that the starting
plume models advocated by Campbell and Griffiths
(1990) and others, and which involve large, diapiric
plume heads, can account for the short timescales of
uplift. It is more likely that rapid upwelling of hot
mantle in narrow jets followed rapid lateral spreading in
the asthenosphere can account for observed rapid uplift.
Observations of surface uplift do not constrain the
depth of origin of these plume heads.
The large volumes of tholeiitic continental flood
basalts derived by melting at shallow depths requires
lithospheric thinning. It is likely that this thinning is
achieved by some form of lithospheric erosion in
addition to rifting, although the constraints on rifting
are not good in many cases. Lithospheric erosion
alone cannot explain LIPs, rather it enhances melting
during emplacement of a plume head.
Further integrated sedimentological, tectonic and
petrologic investigation of these provinces is warranted
in order to generate high-resolution data of uplift and
subsidence; there is still a dearth of detailed field data.
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